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We propose a new, simple model – but one which has far-reaching consequences – to describe the
interaction between waves that propagate across the Pacific Ocean and the Equatorial Undercurrent
(EUC). This involves a detailed discussion of the full linear problem as it relates to the dynamic coupling
between the surface waves and the internal waves on the thermocline. The result is a comprehensive
description of the system close to the Equator, and how the structure of the EUC affects the wave
properties; in particular, the analysis holds for arbitrary wavelengths and finite depths. Although the
final expressions, for general wavelengths, are too cumbersome for direct interpretation, we are able
to produce simple formulae for the speeds of the waves, and the attenuation factor between the two
families of waves, for short, intermediate and long waves. Further, our results predict the appearance of
critical layers under certain circumstances; by reverting to our original system of governing equations,
we are able to derive the relevant nonlinear structure of the flow in these layers. Our results are in good
agreement with the available field data.

Keywords: Ocean waves; Wind-drift current; Equatorial Undercurrent; Dispersion relation; Wave
coupling

1. Introduction

The dynamics of the Pacific Ocean, within a band about 2◦ latitude from the Equator, comprises
a rich variety of phenomena, which is due to the interplay between several factors, the most
significant being:

(i) The pronounced stratification in this equatorial region, greater than anywhere else
in the ocean (see Fedorov and Brown 2009). This is exemplified by the presence of
a sharp, near-surface pycnocline/thermocline which separates a shallow layer of
relatively warm water (and so less dense) near the surface, from a deeper layer
of denser, colder water. The difference in density across the thermocline is about
1 %, and it is a reasonable assumption to represent the stratification as a shallow
sub-surface layer of constant density ρ0, overlying a deep layer of constant density
(1 + r)ρ0, where r is a small positive constant (see McCreary 1985).
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(ii) The presence of underlying non-uniform currents (see McCreary 1985, Proehl et al.
1986). More precisely, in a band approximately 300 km wide about the Equator,
the underlying currents are highly depth-dependent: in a sub-surface layer, typically
extending no more than about 100 m down, there is a westward drift that is driven
by the prevailing trade winds; just below this there lies the Equatorial Undercurrent
(EUC), an eastward jet whose core resides on the thermocline. Below the EUC,
the motion dies out rapidly so that, at depths in excess of about 240 m, we have an
abyssal layer of essentially still water.

(iii) Many types of ocean flows in this region, due to the wide variety of wave motions
that are possible (and observed). The importance of long waves, with wavelengths
exceeding 100 km, is well-documented (see Fedorov and Brown 2009) and there
is ample evidence of large-amplitude internal waves, these having relatively short
wavelengths (typically a few hundreds of metres) and periods about 5–10 min (see
Moum et al. 2011).

The usual approach, leading to some insight into the dynamics of this oceanic system, is
based on reduced-gravity, shallow-water, linear theory, assuming an ocean of infinite depth
and a motionless layer below the thermocline (McCreary 1985); in addition, only wavelengths
greatly in excess of the mean depth of the thermocline are considered (Fedorov and Brown
2009). This choice of model has two distinct drawbacks: the shorter waves are filtered out and,
more significantly, flows with a more elaborate vertical structure are ignored. This assumption
that the equatorial current field is passive (in so far as it affects the properties and response of
the waves) is a serious impediment to the usefulness of any results. Indeed, the EUC, despite
being a narrow and near-surface current (its core at depths of 100–200 m, about 80 m thick
and about 200 km wide), is an appreciable flow which traverses the entire length of the Pacific
Ocean at the Equator (about 13000 km), attaining speeds of about 1 ms−1.Although discovered
in the 19th Century, the EUC was essentially forgotten until it was rediscovered in 1952 (see
Philander 1980). The presence of the EUC, and of the westward wind-driven drift near the
surface, have profound effects on the equatorial waves and these, in turn, are key factors
in more general ocean dynamics: they induce motions of the thermocline. In particular, the
equatorial-current field is altered during the occurrence of the El Niño phenomenon. (This was
so-named – it is Spanish for “The Christ Child” – by Peruvian fishermen in the 19th Century,
to describe the warm current that appeared each year, about Christmas time, in the coastal
waters off western South America.) The effect is driven by the weakened trade winds which
then allow an abnormally high eastward flow of warm water; nowadays, El Niño usually refers
to irregular, strong events of this type.

There have been studies that address the problem of the interaction of the equatorial waves
with an oceanic mean flow; these have evolved along two relatively distinct lines. The main
thrust of these investigations, initiated by McPhaden et al. (1986) and Proehl et al. (1986),
specifies a background state that captures the structure of the equatorial current field, and then
assumes that the dynamics for its perturbation is linear, hydrostatic and Boussinesq. In its
favour is the fact that this approach can allow for the presence of critical levels, i.e. where
the wave speed equals the mean-flow speed at some depth, a property that is not within the
reach of existing reduced-gravity, shallow-water models. The importance of the existence of
these critical levels is that they are at the heart of the mechanisms that trigger instabilities
within the flow (see Maslowe 1986). Indeed, subthermoclinic eddies, associated with critical
layers, have been reported by Chiang and Qu (2013). However, McPhaden et al. (1986) and
Proehl et al. (1986) do not develop an in-depth perturbative analysis; these authors resort to
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a numerical treatment of their system by means of finite differences. The disadvantage of
seeking numerical solutions, without an underlying solution-structure, is the difficulty, often
encountered, of being able to identify clearly the important processes that are at work. An
alternative approach – the other line of investigation – is to seek explicit solutions to the
nonlinear governing equations, the advantage being that these provide a way of studying, in
detail, specific aspects of the whole flow system, without recourse to approximations of any
sort. Recently, explicit nonlinear solutions were obtained in the Lagrangian framework, these
being for equatorially-trapped waves (see Constantin 2012, Henry 2013). Correspondingly,
solutions for the internal waves have been described in Constantin (2014). However, both
these types of solution are restricted to relatively short wavelengths, and they are realistic
representations of the flow only for the region near the surface and in the neighbourhood of the
thermocline, respectively. The main reason for these solutions’ inability to cope satisfactorily
with the entire vertical extent of the equatorial flow is down to the limitations on the permissible
underlying currents – the methods cannot admit realistic equatorial current fields; furthermore,
the approach adopted avoids any possibility of the appearance of critical levels.

The aim of this paper is to attempt to rectify some of the shortcomings in the earlier work. In
particular, we will develop an in-depth analysis of the two-dimensional linear problem, based
on a simple model for the equatorial wave-current interaction that accommodates all the salient
features of the current field in the Pacific Ocean near the Equator. Because our main interest
is in the interaction of waves with the EUC, and this has an overall meridional extent of about
200 km, we invoke the f -plane approximation. It is not our intention to investigate the flows
at higher latitudes, where the f -plane approximation breaks down. Indeed, at these latitudes,
there are other strong sub-surface currents that lead to a significant increase in the complexity
of the system and, correspondingly, to the models that we might employ. Further, we will not
address the effects of a variable bottom-topography.

Our approach enables us to study the coupling between the waves at the surface and those
on the thermocline, and how both these wave systems interact with the background flow. The
waves will propagate in a longitudinal direction, in a flow with a vanishing meridional velocity
component; we do not investigate the dynamics close to the eastern and western boundaries
of the ocean basin. The background flow, which will model the wind-driven, westerly near-
surface flow and the easterly EUC, is chosen to be a profile with a piecewise constant vorticity.
Indeed, it is this choice which makes it possible to analyse the problem completely and in
detail: the mathematical problem in the case of constant vorticity is very little different from
the irrotational case. We develop the solution of the linear problem, for arbitrary wavelength,
although the results turn out to be rather cumbersome, in general. Nevertheless, we are readily
able to extract simple, and illuminating, results by examining different regimes: short waves;
intermediate waves (long with respect to the depth of the thermocline, but not with respect
to the depth of the ocean); long waves (with respect to the depth of the ocean). We present
approximations for the wave speeds, and the strength of the coupling between the two families
of waves, in all three cases, and test our results against the available data. The strength of
this approach, as compared to numerical simulations (current or future), is the inclusion of
many different wavelength regimes within the one model, and the opportunity to identify the
important factors that control the flow e.g. the density difference, the depth of the EUC, the
thickness of the core of the EUC, and so on. Any numerical exercise that could encompass all
this would be, in all likelihood, so excessive as to preclude it as a worthwhile undertaking. While
most of our presentation here will be devoted to a detailed discussion of the linear problem,
our approach enables us to develop directly the appropriate nonlinear analysis for the inclusion
of critical layers, as they appear – and they do. In the absence of viscosity in our model, we
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must invoke a nonlinear mechanism for the description of the flow in the neighbourhood of
a critical layer: a corresponding viscous structure is not available to us, via our choice of the
Euler equation as our fundamental governing equation. Indeed, in conventional geophysical-
fluid-dynamical considerations, the Reynolds number is extremely large (see Maslowe 1986),
and so the use of nonlinearity is advisable.

The plan, in this paper, is: in section 2, to present the governing equations and boundary
conditions, to introduce a suitable non-dimensionalisation and to define the background flow
that we choose to use here; in section 3, to describe the general solution of the linear problem;
in section 4, to give the details for short waves, then (section 5) for intermediate waves and long
waves. A discussion and conclusions are to be found in section 6. We also provide a number of
appendices that cover more technical aspects of some of the work, including an introduction
to the theory of critical layers as they apply in this scenario.

2. Preliminaries

We present the governing equations that provide the simplest description that captures the
relevant dynamics, together with an appropriate non-dimensionalisation of them. We also
introduce the model that we use for the background flow, which accommodates the essential
features that we have discussed above.

2.1. The f-plane approximation

For oceanic motions of a limited meridional extent, within 2◦ from the Equator, it is adequate
to use the f -plane approximation in the governing equations, as discussed by LeBlond and
Mysak (1978). We adopt a coordinate system with the origin at a point on the Earth’s surface,
with the x-axis chosen horizontally due East, the y-axis horizontally due North (in the tangent
plane) and the z-axis upward (see figure 1).

Let u, v, w, denote the corresponding fluid velocity components in the direction of increasing
azimuth, latitude and elevation, respectively, where we have used the over-bar to represent the
physical variables; this notation will be simplified shortly. If Ω is the (constant) rotational
speed of the Earth round the polar axis toward the East, having the approximate magnitude
7.29×10−5 rad s−1, t stands for time, g ≈ 9.8 ms−2 is the (constant) gravitational acceleration
at the Earth’s surface, ρ is the water density, and P is the pressure, the governing equations
for ocean waves are the suitably adjusted Euler equations

ut + u ux + v uy + wuz + 2Ω w = − 1

ρ
Px , (1a)

vt + u vx + v vy + wvz = − 1

ρ
Py , (1b)

wt + u wx + v wy + wwz − 2Ω u = − 1

ρ
Pz − g , (1c)

and the equation of mass conservation

ρt + u ρx + v ρ y + w ρz = 0 , (2)

together with the condition of incompressibility

ux + vy + wz = 0 (3)



Equatorial wave-current interactions 315

z

N

S

x

y

Figure 1. The rotating frame of reference, with the x-axis chosen horizontally due East, the y-axis horizontally due
North and the z-axis upward.

throughout the fluid. To justify the use of the f -plane approximation, note that half of the
Earth lies at latitudes of less than 30◦ and in these regions, when the spatial scale of an ocean-
atmosphere motion is of the order of 1000 km, then the use of the β-plane approximation is
appropriate; see the discussions in Gill (1982) and Majda and Wang (2006). This approximation
stems from a Taylor expansion of the components of the Coriolis force

2Ω

⎛⎜⎝w cos
(
y/R

)− v sin
(
y/R

)
u sin

(
y/R

)
−u cos

(
y/R

)
⎞⎟⎠ ,

near the reference latitude, so cos(y/R) ≈ 1 and sin(y/R) ≈ y/R near the Equator, where
R ≈ 6378 km is the equatorial radius of the Earth. The f -plane approximation retains only the
first (i.e. constant) term of the expansion, while the inclusion of the termβ y, withβ = 2Ω/R ≈
2.28 × 10−11 m−1s−1, in the β-plane approximation, allows for the effects of meridional
variation (cf. Gerkema et al. 2004). That is, in the equatorial β-plane approximation, we have
to replace (1) by

ut + u ux + v uy + wuz + 2Ω w − β y v = − 1

ρ
Px , (4a)

vt + u vx + v vy + wvz + β y u = − 1

ρ
Py , (4b)

wt + u wx + vwy + wwz − 2Ω u = − 1

ρ
Pz − g . (4c)

The problem that we must now address is how we might reasonably simplify the system
(4) further, even after the introduction of the β-plane approximation. In this first attempt to
produce a fairly general and mathematically coherent description of the wave perturbation of
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a realistic model for the background flow, we aim to capture many – but not all – the essential
characteristics of the flow in a suitable neighbourhood of the Equator. To this end, we are driven
to limit ourselves to a two-dimensional configuration, but we shall retain many other physical
properties of the flow in our attempt to explain many of the phenomena that are observed. In
order to make headway, we therefore choose to work with a model in which any meridional
motion is absent; correspondingly, there is no variation in the meridional direction, i.e. v ≡ 0
and ∂/∂ y ≡ 0. Observations given by Johnson and McPhaden (2001) show that meridional
speeds near the Equator are much smaller than the zonal speeds. However, it is known that, in
some circumstances, the amplitudes of the eddy perturbations can be roughly the same size in
all three directions and, occasionally, larger than the mean flow. We cannot, at this stage of our
investigations, include this more complicated scenario. Further, the absence of any dependence
on y also implies that we must limit ourselves, at most, to the f -plane approximation. The form
of the relevant Coriolis terms in (4), written using our non-dimensional scheme, described in
(19) below, become

x − momentum equation: 2Ω
(
w − y v

R̂

)
,

y − momentum equation: 2Ω

R̂
y u ,

z − momentum equation: − 2Ω u ,

where the parameters are Ω = Ω h/
√

g h and R̂ = R/h; here h is the mean depth of the

thermocline. These parameters take values of approximately Ω ≈ 2.5 × 10−4 and R̂−1 ≈
2×10−5 for the EUC. On this basis we may therefore define the mathematical problem as that
with R̂ → ∞, in conjunction with the two-dimensionality assumption. This procedure retains
the terms in Ω (but not in Ω/R̂), which corresponds to the f -plane approximation. This, in
turn, means that we shall still be able to identify the dominant effects of the Coriolis force,
even if the associated coefficient is numerically very small – indeed, we can take advantage
of this small size when we provide some estimates later.

In summary, therefore, we must limit the applicability of our theory to regions quite close to
the Equator (at least 50 km, but some authors work with as much as 150 km, either side), and to
flows which can be regarded as approximately two dimensional. Even with these restrictions,
we suggest that the applicability of our quite detailed theory will help us to understand important
features of the equatorial ocean dynamics.

2.2. The governing equations

We take as our governing equations the Euler equation, suitably adjusted for the f -plane,
together with the corresponding equation for an incompressible fluid (although with different,
constant densities above and below the thermocline), and with no meridional flow variations; in
particular, we assume a vanishing meridional velocity component. The equations are therefore

ut + u ux + wuz + 2Ω w = − 1

ρ
Px , (5a)

wt + u wx + wwz − 2Ω u = − 1

ρ
Pz − g , (5b)

ux + wz = 0 . (6)
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The density ρ of the fluid is a constant ρ0 above the thermocline (at z = −h + H(x, t)), of
mean depth h, and is replaced by ρ0 (1 + r) for the fluid below the thermocline, where r is a
small positive constant; typically r lies in the range from 4 × 10−3 to 6 × 10−3 (cf. Kessler
and McPhaden 1995, Fedorov and Brown 2009). The appropriate boundary conditions are, at
the free surface z = η(x, t), the dynamic boundary condition

P = Patm on z = η(x, t) , (7)

where Patm is the constant pressure of the atmosphere at the surface of the ocean, and

w = ηt + u ηx on z = η(x, t). (8)

Since the density of water is about 103 times greater than that of the air, the free surface
decouples the water from the motion of the air above; the role of the kinematic boundary
condition (8) is to ensure that no fluid particles cross this boundary (see figure 2). The boundary
condition (7) is an expression of the balance of forces, the only force exerted by an inviscid
fluid on the boundary being that due to pressure. At the thermocline, we have the kinematic
boundary condition

w = Ht + u H x on z = −h + H(x, t) , (9)

ensuring that the thermocline is an interface (particles there are confined to it); in addition, we
need to require a balance of forces at this internal boundary, expressed by the condition that

the pressure is continuous across the thermocline. (10)

Also, there is to be no flow through the flat, horizontal bottom, at z = −d ,

w = 0 on z = −d . (11)

Since the fixed, rigid bed can sustain any pressure applied to it, no balance of forces is imposed
there.

Our formulation of the problem involves the perturbation of some given background pure-
current state (which depends only on z); in the light of this, it is therefore convenient to replace
u and P by U (z)+ u(x, z, t) and P(z)+ p(x, z, t), respectively; thus, denoting w by w for
consistency and denoting by the prime the derivative with respect to z, we rewrite the equations
(5)–(11) to give

ut + (U + u) ux + w (U
′ + uz)+ 2Ω w = − 1

ρ
px , (12a)

wt + (U + u)wx + wwz − 2Ω (U + u) = − 1

ρ
(P

′ + pz)− g , (12b)

ux + wz = 0 , (13)

P + p = Patm on z = η(x, t) , (14)

w = ηt + (U + u) ηx on z = η(x, t) , (15)

w = Ht + (U + u) H x on z = − h + H(x, t) , (16)

P + p is continuous across z = − h + H(x, t) , (17)

w = 0 on z = − d . (18)
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Figure 2. Sketch of the cross-section of the fluid domain at a fixed latitude: the thermocline z = −h + H(x, t)
separates the two layers of different densities, the lower boundary is a flat rigid bed, while the upper boundary is a free
surface of elevation η(x, t). The coupled surface and internal waves propagate at the same speed, with the amplitude
of the oscillations of the thermocline typically considerably larger.

In order to proceed, and to be clear about the various approximations that we invoke, we
non-dimensionalise this system. To accomplish this, we require suitable general scales that
are appropriate to this problem. Thus we elect to use as the length scale h, the depth of the
undisturbed thermocline; we do not introduce a separate scale for horizontal and vertical
motions – as is the usual practice in many discussions of the classical water-wave problem –
because we will consider both short and long waves. (The classical problem often aims, ab
initio, to describe either short or long waves, for which different scales are useful.) Associated

with this is the natural speed scale
√

g h (which happens to be the speed of long gravity waves

over a depth h, but this does not restrict our discussion in any way). The non-dimensionalisation
of the pressure is defined in terms of the pressure difference over the depth h, and uses the
density above the thermocline. Finally, we need some measure of the amplitudes of the waves,
whether on the surface or on the thermocline; let a typical or average amplitude be a (based
on whichever component happens to be larger: at the surface or on the thermocline). These
scales are now used to define a set of non-dimensional variables:

z = h z , x = h x , t = h t
/√

g h , η = a η , H = a H ,

(U + u , w) =
√

g h (U + u , w) , P + p = ρ0 g h (P + p) , (19)

where the absence of the over-bar indicates that the variables are now the non-dimensional
counterparts of those with the over-bar. The set of equations (12)–(18) therefore becomes

ut + [U (z)+ u] ux + w [U ′(z)+ uz] + 2Ω w = −px , (20a)

wt + [U (z)+ u]wx + wwz − 2Ω [U (z)+ u] = −[P ′(z)+ pz] − 1 , (20b)
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in the layer {(x, z) : −1 + ε H(x, t) < z < ε η(x, t)} above the thermocline,

ut + [U (z)+ u] ux + w [U ′(z)+ uz] + 2Ω w = − 1

1 + r
px , (21a)

wt + [U (z)+ u]wx + wwz − 2Ω [U (z)+ u] = − 1

1 + r
[P ′(z)+ pz] − 1 , (21b)

in the layer {(x, z) : −d < z < −1 + ε H(x, t)} beneath the thermocline, coupled with

ux + wz = 0 throughout the flow , (22)

P(z)+ p = P0 on z = ε η(x, t) , (23)

w = ε (ηt + [U (z)+ u] ηx
)

on z = ε η(x, t) , (24)

w = ε (Ht + [U (z)+ u] Hx
)

on z = − 1 + ε H(x, t) , (25)

P(z)+ p(x, z, t) is continuous across z = − 1 + ε H(x, t) , (26)

w = 0 on z = − d , (27)

where ε = a/h is our fundamental small parameter. This parameter measures, in an average
sense, the size of the waves that we shall discuss; so, for example, a 10 m wave on a thermocline
at 100 m depth gives ε = 0.1. The other parameters introduced here are

d = d/h , P0 = Patm
/
(ρ0 g h) , Ω = Ω h

/√
g h ,

representing the total (non-dimensional) depth, the (constant) non-dimensional atmospheric
pressure at the surface and a measure of the effect of the Earth’s rotation, respectively.

We observe from (23) that, in general, P(0)+ ε η P ′(0)+ p ≈ P0 and so p ≈ −ε η P ′(0).
This is sufficient, in conjunction with the other boundary conditions, to show that p and w,
and hence u, are proportional to ε. We now replace the set (u, w, p) by ε (u, w, p): we
have introduced scaled variables, which represent the perturbation of the background state,
the size of the perturbation being measured by ε. Thus we have produced the final set of non-
dimensional, scaled equations relevant to this problem; from equations (20)–(27) we obtain

ut + [U (z)+ ε u] ux + w [U ′(z)+ ε uz] + 2Ω w = −px , (28a)

ε {wt + [U (z)+ ε u]wx + ε wwz} − 2Ω [U (z)+ ε u] = −[P ′(z)+ ε pz] − 1 , (28b)

in the layer {(x, z) : −1 + ε H(x, t) < z < ε η(x, t)},
ut + [U (z)+ ε u] ux + w [U ′(z)+ ε uz] + 2Ω w = − px

1 + r
, (29a)

ε {wt + [U (z)+ ε u]wx + ε wwz} − 2Ω [U (z)+ ε u] = − P ′(z)+ ε pz

1 + r
− 1 , (29b)

in the layer {(x, z) : −d < z < −1 + ε H(x, t)}, coupled with

ux + wz = 0 throughout the flow , (30)

P(z)+ ε p = P0 on z = ε η(x, t) , (31)

w = ηt + [U (z)+ ε u] ηx on z = ε η(x, t) , (32)

w = Ht + [U (z)+ ε u] Hx on z = − 1 + ε H(x, t) , (33)

P(z)+ ε p(x, z, t ) is continuous across z = − 1 + ε H(x, t) , (34)

w = 0 on z = − d . (35)
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2.3. The underlying current field

The next issue that we must address is the choice of a suitable background flow and its
associated pressure field. Our main aim in this work is to provide a structurally accurate model
that describes the flow in the ocean near the Pacific Equator; this has to accommodate the
EUC (to the East) and a near-surface wind-driven current to the West. Furthermore, it must
admit a thermocline that sits more-or-less at the maximum of the EUC. The approach that
we adopt is intended to produce some useful predictions about the properties of the wave
on the thermocline, of the wave at the surface, and the interaction between them. In order to
accomplish this, we must choose a background flow that mimics quite closely what is observed
(and we have already described the form that this must take), even if we must accept some
modicum of idealisation. To this end, we choose a background flow, U (z), which is given by

U (z) =

⎧⎪⎪⎨⎪⎪⎩
−V − z (V + W )/(1 − l) for −1 + l < z ≤ 0 ,
W for −1 − m < z ≤ −1 + l ,
W (z + n)/(n − 1 − m) for −n < z ≤ −1 − m ,

0 for −d ≤ z ≤ −n ,

(36)

where we require, for physical reality, 0 < l < 1 and d > n > 1 + m (and m > 0); the
undisturbed thermocline is at z = −1. This profile describes an EUC with its maximum
(a uniform W > 0 to the East) in −1 + l ≥ z ≥ −1 − m (and so this maximum has a
thickness l + m); the speed then reduces to zero (this occurring at z = −n), and below this
the fluid is stationary. Near the surface, there is a flow to the West, with its maximum (V > 0)
on the undisturbed surface of the ocean. An example of this type of flow is shown in figure
3; a justification for this form of profile, guided by the physical principles that underpin the
mathematical development, is given in appendix A.

Our model for U (z) contains six adjustable parameters, so not only can many variants
of this flow profile be examined, but also we will be able to identify those factors that
contribute most significantly to, for example, the speed of propagation of, and the strength
of the coupling between, the surface and the internal waves. Further, it should be noted that
this profile is constructed from regions of different, constant vorticities, the vorticity here being
U ′(z). So, reading from the surface downwards, we first have constant negative vorticity −γ+
(with γ+ = (V + W )/(1 − l)), then zero vorticity, which is followed by constant positive
vorticity γ− = W/(n − 1 − m); finally, in the last region – the lowest region of the flow –
we again have zero vorticity. Thus the vorticity distribution in the flow is prescribed by the
undisturbed background state given in (36) and, by virtue of our inviscid model for the flow,
this vorticity remains unchanged for all time, as the flow and the waves interact and evolve.
Thus any perturbations of this background flow that we introduce, e.g. wave disturbances
superimposed on this background, must necessarily be irrotational. However, we should note
that one consequence of the discontinuities in the vorticity is the appearance of corresponding
discontinuities in the horizontal velocity component (although, of course, no such difficulties
arise with the vertical component or the pressure, which are both continuous throughout the
flow field).

This background flow must be maintained by a background pressure-distribution, P(z),
which is defined by the equations

−2Ω U (z) = −P ′(z)− 1 for − 1 < z < 0 and P = P0 on z = 0 ,

for the region above the thermocline (by virtue of (20) and (23)), and
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z = − n

z = 0

z = − 1 + l

z = − 1 − m

Figure 3. An example of the underlying current profile in the absence of waves, using the mean depth of the
thermocline as the length scale. We distinguish four regions: (i) a subsurface layer z ∈ [−1 + l, 0] in which a current
of constant negative vorticity captures the salient features represented by a westward surface wind-induced drift,
below which resides the EUC in the form of an eastward jet; (ii) the layer z ∈ [−1 − m,−1 + l] in which the core of
the EUC is represented by a uniform eastward current; (iii) the layer z ∈ [−n,−1 − m] in which a current of positive
vorticity enables the transition to the practically motionless layer beneath it; (iv) the abyssal layer z ∈ [−d,−n], not
depicted in full, where we take the water to be stationary. The thermocline z = −1 is located in the second layer (the
core of the EUC). Typical values are l = m = 1/3, n = 2 and d = 33, corresponding to a thermocline depth of
120 m, a subsurface layer of depth 80 m where the effects of wind are noticeable, and an abyssal layer of practically
motionless water beneath 240 m, extending down to the ocean bed, located at a depth of 4 km.

−2Ω U (z) = − 1

1 + r
P ′(z)− 1 for − d < z < −1 ,

below the thermocline, from (21); P(z) is to be continuous across the thermocline (at z = −1),
by (26). The pressure distribution is readily obtained; we find that

P(z) =

⎧⎪⎪⎪⎪⎨⎪⎪⎪⎪⎩
P0 − z −Ω z [2V + z (V + W )/(1 − l)] for −1 + l ≤ z ≤ 0 ,
A + (2ΩW − 1) z for −1 ≤ z ≤ −1 + l ,
B + (1 + r)(2ΩW − 1) z for −1 − m ≤ z ≤ −1 ,
C − (1 + r) [z −ΩW (2n + z)/(n − 1 − m)] for −n ≤ z ≤ −1 − m ,

D − (1 + r) z for −d ≤ z ≤ −n ,
(37)

where

A = P0 +Ω(V + W )(1 − l) , B = A + r(2ΩW − 1) ,

C = B +ΩW (1 + r)(1 + m)2/(n − 1 − m) , D = C − n2(1 + r)ΩW/(n − 1 − m).

To put what we have just described in context, we quote some typical values of the six adjustable
parameters, appropriate for the flow in the equatorial-Pacific-Ocean region:

V ≈ 0.015 , W ≈ 0.029 , m = l ≈ 0.33 , n ≈ 2 , d ≈ 33 . (38)
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These correspond, via the non-dimensionalisation, (19), to a westward surface current of
0.5 ms−1 (=V ), and an eastward EUC peaking at 1 ms−1 (=W ), the EUC taken to be of
width 40 m above and below the thermocline. The thermocline itself is at a depth of 120 m,
the total depth of the ocean is 4 km, and below 240 m we have the abyssal region of stationary
water; see the data provided by Johnson and McPhaden (2001). Indeed, we may use our model
to fit the observations for other regions of the equatorial flow; for example, the choice of 120 m
for the depth of the thermocline is actually appropriate for the 6000 km stretch between about
140◦E and 150◦W (see Fedorov and Brown 2009). Other slightly different choices can be made
for other sections of the Equatorial Pacific. One other parameter appears in the expression (37)
for P(z), namely Ω; this turns out to be rather smaller than any of the others quoted above:
Ω ≈ 2.5×10−4. Its size would suggest that we should ignore this parameter at an early stage;
however, even though it turns out to be rather unimportant in a numerical sense, we retain it
because it embodies an intrinsic ingredient of the modelling.

Integration of (36) over the entire depth yields
∫ 0
−d U (z) dz = 1

2 W (n+m +l)− 1
2 V (1−l) .

Multiplying this expression by h
√

g h, by virtue of (19), we obtain the mass transport per unit
width (in m2s−1). For a meridional width of 300 km, the values (38) predict a mass transport of
about 40 Sv (1 Sv = 106 m3 s−1), thus corroborating the realistic nature of our model (see the
field data in Izumo (2013)). Note that this feature highlights the difference between equatorial
currents and the motion in a water tank: in a tank the vertical integral must vanish, but at the
Equator the net eastward transport is compensated by a return flow at higher latitudes (see the
discussion in Pacanowski and Philander (1980)).

We now return to our governing equations, (28)–(35), and incorporate our expressions for
U (z) and P(z); it is immediately evident that, in each of the second equations in (28) and
(29), an ε now cancels throughout. We may also note that the precise details of the pressure
distribution appear only in their contributions to the boundary conditions at the surface and
across the thermocline. On the other hand, the background velocity profile, U (z), is very
prominent in the Euler equation and will play a significant rôle in the construction of the
solution. This is the stage at which we may present the full linear problem; with the equations
in the form that we now have them, we allow ε → 0, keeping all the other parameters fixed, and
retaining just the leading order, i.e. O(1). There is no evidence that waves of moderate amplitude
(waves characterised by small ε) have sufficient distance/time to allow nonlinearities to evolve
to the extent that they become important (at least, over the length of the Pacific Equator – about
13000 km). Thus we may anticipate that the linear system will give an altogether reasonable
description of the motion and its primary dynamics. However, we must expect that nonlinearity
is likely to be important in other aspects of the wave dynamics. For example, if any critical
layers appear – and they do – then the natural mechanism for describing their structure, within
our inviscid system, is to invoke suitable nonlinearities; this idea is explored in appendix C.
One of the overall aims in this study is to provide a sufficiently broad and robust framework
in which further investigation is possible. The appearance of critical layers is an important
area of current interest. These can trigger instabilities in marginally stable flows, and they are
places where momentum and energy exchange between the waves and the mean flow can occur
(see the discussion in Bühler (2009), Haynes (2003)); the evidence is accumulating as to their
appearance and importance in EUC-type flows. (It is not appropriate, in this initial phase of
the work, to give a lengthy and comprehensive description of the rôle of critical layers in these
equatorial flows; however, our formulation and development should enable this to be a rich
avenue for future studies.)
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Thus our final model is a combination of a carefully-chosen background state, coupled with
linearisation, but retaining all the other attributes of the model i.e. no other approximations are
invoked; the problem described by equations (28)–(35) therefore becomes

ut + U (z) ux + wU ′(z)+ 2Ω w = −px , (39a)

wt + U (z)wx − 2Ω u = −pz (39b)

in the region (−1 < z < 0),

ut + U (z) ux + wU ′(z)+ 2Ω w = − px

1 + r
, (40a)

wt + U (z)wx − 2Ω u = − pz

1 + r
(40b)

in the region (−d < z < −1), coupled with

ux + wz = 0 in −d < z < 0 , (41)

uz − wx = 0 in −d < z < 0 , (42)

p = (1 + 2ΩV ) η on z = 0 , (43)

w = ηt − V ηx on z = 0 , (44)

w = Ht + W Hx on z = −1 , (45)

pa − pb = r(2ΩW − 1) H on z = −1 , (46)

w = 0 on z = −d , (47)

with U (z) given by (36); the subscripts a, b, in pa and pb, refer to the limits of p from “above”
and “below” z = −1. The most obvious simplification evident here, due to the linearisation, is
that evaluation on unknown lines – the general positions of the free surface and the thermocline
– has been replaced by evaluation on known lines, namely z = 0 and z = −1, respectively.
We have therefore, equivalently, mapped the problem from one with unknown boundaries
to one with known boundaries, a procedure that can be rigorously justified. (Here, because
of the nature of this problem, this is nothing more than recognising that the relevant Taylor
expansions are valid approximations to the weakly nonlinear problem: the higher-order terms
in ε merely contribute uniformly small corrections to the linear solution.) We note that this
system, (39)–(47), retains all the other parameters (Ω, r, d), held fixed as the limiting process
to linearisation is performed, as well as incorporating all the details of the background flow,
U (z).

One consequence of the linearisation is that, from the pressure distribution (37), the pressure
condition (34) becomes P0 − ε η−Ω[2V + ε η (V + W )/(1 − l)] εη+ εp = P0 on z = ε η,
which, to leading order in ε, gives p = (1+2ΩV )η on z = 0, as quoted in (43) above. Further,
the condition that P + εp must be continuous across the thermocline (see (34)), with P , given
by (37), expressed in terms of the Heaviside step function H by

P(z) = A + 1 − 2ΩW + (1 + r)(2ΩW − 1)(z + 1)− r(2ΩW − 1)(z + 1)H(z + 1)

near z = −1 ,

recovers (46) when evaluated at order ε on z = −1 + εH . Equation (42) is the requirement
that any perturbation of the underlying background state must be irrotational (as we discussed
earlier).

We make one final, general observation before we present our analysis of equations (39)–
(47). The development of these equations is based on the single limiting process ε → 0,
keeping all the other parameters fixed. Thus none are ignored at this stage – we commented



324 A. Constantin and R. S. Johnson

z = 0

I

II

III

IV

V

z = − 1 − m

z = − d

z = − n

z = − 1

z = − 1 + l

Figure 4. Sketch of the five fluid regions that are relevant to the solution of the linear problem.

on the size of Ω above – but to do so is equivalent to regarding them as functions of ε, which
patently they are not (on physical grounds). It is in this sense that we have developed the most
general linear problem of this phenomenon, restricted – but not by much – only by the choice
of the background state. Of course, as we have already mentioned, some of the remaining
parameters are numerically small, and this can be to our advantage later: we can use this
property to obtain some simple, but useful estimates.

3. Solution of the linear problem

The development of the solution of the system (39)–(47) involves the examination of five
regions: 0 > z > −1 + l, −1 + l > z > −1, −1 > z > −1 − m, −1 − m > z > −n,
−n > z > −d; we refer to these as Regions I-V, respectively, which are shown in figure 4.
The most convenient approach for solving this problem is to start from the bottom (Region V)
and work upwards. We seek a single, general harmonic mode with wave number k (which we
take to be positive throughout); then, because the system is linear, we may later add together
any number of such modes. One possibility is to add an infinity of modes or, equivalently, to
integrate over the wave number in order to construct a more general solution (and this would
allow the inclusion of some suitable initial data). However, we aim for a simpler approach:
we assume that suitable initial data exist that give rise to the solution that we seek here. It is
sufficient, for our purposes, to limit our choice to just two modes: typically, a short-wavelength
gravity wave (at the surface) combined with a very-long-wavelength component of (probably)
very small amplitude. It is this long-wave contribution to the surface wave, as we shall see,
which will provide the driver for the wave on the thermocline. We will now present the main
results obtained by solving in each region; we will also quote the specific version of the
equations and boundary conditions as they relate to that region, to aid the reader.
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3.1. Region V

The equations valid in this region are

ut + 2Ω w = − px

1 + r

wt − 2Ω u = − pz

1 + r
ux + wz = 0 and uz − wx = 0

⎫⎪⎪⎪⎬⎪⎪⎪⎭ in − d < z < −n ,

w = 0 on z = −d ,

with the following single-harmonic-mode solution

w = E
(

ekz − e−2kd−kz
)

sin(kξ) , u = E
(

ekz + e−2kd−kz
)

cos(kξ) ,

p = E(1 + r)
[
c
(

ekz + e−2kd−kz
)

+ 2Ω

k

(
ekz − e−2kd−kz

)]
cos(kξ) ,

where ξ = x − c(k) t , so that c is the speed of the wave; E is an arbitrary (real) constant.

3.2. Region IV

The equations in the region (−n < z < −1 − m) are

ut + γ− (z + n) ux + γ−w + 2Ω w = − px

1 + r
,

wt + γ− (z + n)wx − 2Ω u = − pz

1 + r
,

ux + wz = 0 and uz − wx = 0 ,

where γ− = W/(n − 1 − m). The general solution that corresponds to the solution in Region
V, is

w =
(

F ekz + G e−kz
)

sin(kξ) , u =
(

F ekz − G e−kz
)

cos(kξ) ,

p = (1 + r)
[
[c − γ−(z + n)]

(
F ekz − G e−kz

)
+ 2Ω + γ−

k

(
F ekz + G e−kz

)]
cos(kξ) ,

where F and G are some constants. The solution that we seek must, of course, satisfy suitable
continuity conditions at the boundaries between the regions. Indeed, this requirement, coupled
with the number of regions, is the main complicating factor in the calculation, even though
the individual solutions are readily constructed. The fundamental physical requirement of the
continuity of w and of p at the V/IV boundary (z = −n) gives, respectively,

Fen + G = E(en − ed) (48)

and
c (Fen − G)+ 2Ω + γ−

k
(Fen + G) = E

[
c (en + ed)+ 2Ω

k
(en − ed)

]
, (49)

where en = e−2kn and ed = e−2kd . (The calculation will involve a number of exponential
terms, containing various exponents; we adopt a simple shorthand to identify each of these,
and each has the property that it tends to zero as k → ∞.) Imposing the additional continuity
of u at the IV/V boundary would yield the further condition

Fen − G = E(en + ed) .
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It is easy to see that this and (48) force F = E and G = −Eed , which are incompatible
with (49). These considerations show that discontinuities in u are inherent within our inviscid
model: they are a consequence of an irrotational perturbation that is driven by a background
flow which exhibits jumps in vorticity.

From (48) and (49), elimination of E produces

G = γ−(1 − edn)− 2ck edn

2ck − γ− (1 − edn)
Fen , (50)

where edn = e−2(d−n)k .

3.3. Region III

This region, (−1 − m < z < −1), is directly below the thermocline; the equations here are

ut + W ux + 2Ω w = − px

1 + r
,

wt + W wx − 2Ω u = − pz

1 + r
,

ux + wz = 0 and uz − wx = 0 ,

with the solution

w =
(

M ekz + N e−kz
)

sin(kξ) , u =
(

M ekz − N e−kz
)

cos(kξ) ,

p = (1 + r)
[
(c − W )

(
M ekz − N e−kz

)
+ 2Ω

k

(
M ekz + N e−kz

)]
cos(kξ) ,

where M and N are constants appropriate to this region. In terms of em = e−2(1+m)k , we
can write the requirement that w and p are continuous at z = −1 − m as, respectively, the
conditions

Mem + N = Fem + G

and

(c − W ) (Mem − N )+ 2Ω

k
(Mem + N ) = (c − W ) (Fem − G)+ 2Ω + γ−

k
(Fem + G) .

From this pair, combined with (50), we can obtain expressions for M and N (essentially in
terms of F):

2k(c − W )

(
2c − γ−(1 − edn)

k

)
Mem

F
= γ 2−(1 − edn)(en − em)

k
+ 4ck(c − W )em

+ 2γ− (c(ednm − ed)+ W (em − ednm)) , (51)

where ednm = e−2(d−n+1+m)k , and

2k(c − W )

(
2c − γ−(1 − edn)

k

)
N

F
= γ 2−(1 − edn)(em − en)

k
− 4ck(c − W )ed

+ 2γ−
(

c(en − em)− W (en − ed)
)
. (52)
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3.4. Region II

This is the region (−1 < z < −1 + l), directly above the thermocline (across which, in our
model, the speed of the EUC is constant); the governing equations are

ut + W ux + 2Ω w = − px ,

wt + W wx − 2Ω u = − pz ,

ux + wz = 0 and uz − wx = 0 .

The solution here is

w =
(

S ekz + R e−kz
)

sin(kξ) , u =
(

S ekz − R e−kz
)

cos(kξ) ,

p =
[
(c − W )

(
S ekz − R e−kz

)
+ 2Ω

k

(
S ekz + R e−kz

)]
cos(kξ) ,

where S and R are suitable constants. We now need to apply the important conditions that
pertain across the thermocline; first we have the kinematic condition (45), which requires(

M e−k + N ek
)

sin(kξ) =
(

S e−k + R ek
)

sin(kξ) = Ht + W Hx . (53)

The pressure condition across the thermocline, (46), results in{
(c − W )(S e−k − R ek)+ 2Ω

k
(S e−k + R ek)

− (1 + r)
[
(c − W )(M e−k − N ek)+ 2Ω

k
(M e−k + N ek)

]}
cos(kξ)

= r(2ΩW − 1) H . (54)

The first of this pair, (53), yields

Me2 + N = Se2 + R ,

where e2 = e−2k , and the second, (54), is to be consistent with the first, when H is eliminated;
this can be written as

(c − W )(S e2 − R)+ 2Ω

k
(S e2 + R)

− (1 + r)
[
(c − W )(M e2 − N )+ 2Ω

k
(M e2 + N )

]
= r(2ΩW − 1)

k(c − W )
(Me2 + N ). (55)

The previous two displayed relations enable us to determine S and R in terms of M and N :

S = M + r

2

[
M − N

e2
+ 2Ωc − 1

k(c − W )2

(
M + N

e2

)]
(56)

and
R = N − re2

2

[
M − N

e2
+ 2Ωc − 1

k(c − W )2

(
M + N

e2

)]
. (57)

3.5. Region I

The governing equations in the uppermost region (−1 + l < z < 0) are

ut − (V + γ+z) ux − γ+w + 2Ω w = − px ,

wt − (V + γ+z)wx − 2Ω u = − pz ,

ux + wz = 0 and uz − wx = 0 ,
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coupled with the boundary conditions

p = (1 + 2ΩV ) η on z = 0 ,

w = ηt − V ηx on z = 0 ,

where γ+ = (V + W )/(1 − l). The solution here is of the form

w =
(

A ekz + B e−kz
)

sin(kξ) , u =
(

A ekz − B e−kz
)

cos(kξ) ,

p =
[
(c + V + γ+z)

(
A ekz − B e−kz

)
+ 2Ω − γ+

k

(
A ekz + B e−kz

)]
cos(kξ) ,

where A and B are constants to be determined. The two conditions at z = 0 require

(1 + 2ΩV ) η =
[
(c + V )(A − B)+ 2Ω − γ+

k
(A + B)

]
cos(kξ)

and
ηt − Vηx = (A + B) sin(kξ) , (58)

respectively; these two are consistent (when η is eliminated) if(1 + 2ΩV

c + V
− 2Ω + γ+

) ( A + B

A − B

)
= k(c + V ) , (59)

which provides the fundamental dispersion relation for this system. The apparent simplicity of
this expression hides the very considerable complexity of the coefficient (A + B)/(A − B), as
is evident from all the preceding expressions for the various constants, together with the final
set of relations that are needed to complete the specification of the solution. The continuity of
w and of p at the II/I boundary (z = −1 + l) give, respectively,

Ael + B = Sel + R

and

(c − W )(Sel − R)+ 2Ω

k
(Sel + R) = (c − W )(Ael − B)+ 2Ω − γ+

k
(Ael + B) ,

where el = e−2(1−l)k . These equations provide us with expressions for A and B:

A = S + γ+
2k(c − W )

(
S + R

el

)
, B = R − γ+

2k(c − W )
(Sel + R) ,

which in turn lead to expressions for A + B and A − B, if we take (56)–(57) into account:

A + B = (1 + θ − θel)M +
(

1 − θ + θ

el

)
N + rλ

2
[1 − e2 + θ(1 + e2 − e2l − el)]; (60)

A − B = (1 + θ + θel)M −
(

1 − θ − θ

el

)
N + rλ

2
[1 + e2 + θ(1 + el − e2l − e2)]; (61)

where
λ = M − N

e2
+ 2Ωc − 1

k(c − W )2

(
M + N

e2

)
,

θ = γ+
2k(c − W )

, e2l = e−2lk = e2

el
. (62)

From (51) and (52), coupled with (61)–(61), the complicated nature of the dispersion relation
is now quite evident. Nevertheless, it turns out to be possible to develop some fairly simple
special cases (based essentially on short- or long-wave limits). Of course, it is always open to
us to examine the dispersion relation in a purely numerical fashion, perhaps choosing values
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for all the parameters, and then attempting to seek solutions for c as a function of k. Even
this is a daunting exercise because equation (59) is not some simple polynomial in c. We
shall demonstrate what is possible and accessible when we discuss various special limiting
cases; see sections 4 and 5. Nevertheless, it is clear that the development presented here, for
the chosen background velocity profile, constitutes an exact solution of the two-dimensional
linear problem in the f -plane approximation.

One other important element in any examination of this problem is the relation that exists
between the amplitudes of the waves at the surface and on the thermocline. Let us take the
surface wave to be η = a cos(kξ), which is consistent with the harmonic structure that we
have introduced; then from equation (58) we obtain

A + B = ak(c + V ) . (63)

Correspondingly, if the oscillation of the thermocline is given as H = Δ cos(kξ), then from
equation (53), we have

Me−k + Nek = Δk(c − W ) . (64)

We shall demonstrate that it is possible, given either a or Δ, to determine the other from our
analysis presented above. The results that we obtain will then clarify the strength and structure
of the coupling between the surface wave and the internal wave at the thermocline.

4. Short waves

The simplest case is that of short waves, i.e. k → ∞. We note from (51) and (62) that both M
and λ contain terms that grow exponentially. (Our notation for the exponential terms, eq , has
been adopted so that all these contain negative exponents, i.e. they all decay for large k.) Note
that

λ = M m+ + N

e2
m− with m± = 2Ωc − 1

k(c − W )2
± 1 ,

while (51)–(52) yield M ∼ F and N ∼ −F ed as k → ∞. Thus, from (63)–(64) we obtain

A + B ∼ F and A − B ∼ F , (65)

and so (A + B)/(A − B) → 1 as k → ∞. The dispersion relation (59) reduces to

1 + 2ΩV

c + V
− 2Ω + γ+ = k(c + V ) as k → ∞ ,

or

c ∼ −V ±
√

1 + 2ΩV

k
as k → ∞ . (66)

In light of (19), a non-dimensional wave z = a cos(k[x − ct]) corresponds, in physical
variables, to the wave

z = a cos
(

k(x − c t )
)

(67)

of amplitude a = ah, speed c = c
√

g h and wave number k = k/h. Thus (66) is, with the
addition of the contributions from the wind-drift and the Earth’s rotation (combined in the

single term ΩV ), the classical result for the dispersion of short gravity waves,
√

g/k (see
Johnson 1997, Constantin 2011). We may note, for V fixed as k → ∞, that one solution
describes a wave propagating to the West, at a speed a little larger than V , whereas the other



330 A. Constantin and R. S. Johnson

– still propagating to the West under this limiting process – gives rise to critical layers if
c − U (z) = zγ+ + √

(1 + 2ΩW )/k vanishes at a critical level between z = 0 and the bottom
z = −1 + l of Region I; see appendix C for a more detailed discussion of this important
phenomenon in this context.

If a is the amplitude of the (non-dimensional) surface wave η, then (63) and (65), (66) yield

F ∼ ±a
√

k(1 + 2ΩV ) as k → ∞ .

On the other hand, for the amplitudeΔ of the wave at the thermocline, we infer from (64) that

Δ = Me−k + Nek

k(c − W )
∼ − Fe−k

k(V + W )
∼ ∓a

√
1 + 2ΩV

V + W

e−k

√
k

as k → ∞ .

Consequently, a short surface gravity wave produces an exponentially small effect at the
thermocline; we should note that, although (V + W ) is small – typically about 0.04 – it does
not require particularly short waves to guarantee a significant reduction in the amplitude at the
thermocline. For example, waves of the type reported in Moum et al. (2011), with wavelengths
L = 100 m and with the mean depth of the thermocline h = 120 m, correspond to k = 2.4π
and thus the attenuation factor at the thermocline is about 23 e−k/

√
k ≈ 0.005. We therefore

conclude that there is no significant motion of the thermocline generated by these gravity
waves: short waves can be ignored there.

5. Long waves

We address this problem in a rather general way, and then make choices that enable us to
look at specific regimes. Thus we consider k → 0 (the definition of long waves), but keep
kd fixed. At a later stage we may then allow kd → ∞ or keep d fixed. We note that, based
on our chosen non-dimensionalisation, the interpretation of “long waves” is relative to the
depth of the thermocline (because this is our chosen scale length). However, these waves are
not necessarily long when compared to the depth of the ocean. Thus the first additional limit
(kd → ∞) corresponds to waves that are long relative to the mean depth of the thermocline
but short relative to the depth of the ocean, whereas the second case describes waves that
are long relative to the depth of the ocean. Indeed, in physical variables k = k h = 2π h/L
and kd = 2π d/L , where L is the wavelength. We proceed by retaining all ed -type terms
and approximating the remaining eq -terms by their Taylor expansions, as k → 0. From
(51) and (52) we find that, at O(1),

(c − W )

(
c − γ−(1 − edn)

2k

)
em

M + N

F
∼ c(c − 2W )(1 − ed)+ W 2(1 − ed) . (68)

Thus

(c − W )

(
c − γ−(1 − edn)

2k

)
em

M + N

F
∼ (c − W )2

as k → 0 with kd → ∞, (69)

since ed → 0. On the other hand, for k → 0 with d fixed, we see that the asymptotic limit in
(68) is not appropriate since now ed → 1. On this basis, and in this setting, we retain terms at
O(k), with ed ∼ 1 − 2kd , finding the behaviour
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(c − W )

(
c − γ−(1 − edn)

2k

)
em

M + N

F
∼ 2k [d(c − W )2 + (1 + m + n)cW − nW 2]

as k → 0 with d fixed. (70)

For the difference (M − N ) and for N alone, either of our choices for the limit in kd produces
well-defined asymptotic limits at O(1); we simply get

(c − W )

(
c − γ−(1 − edn)

2k

)
em

M − N

F
∼ (1 + ed)c

2 as k → 0 , (71)

and

(c−W )

(
c − γ−(1 − edn)

2k

)
em

N

F
∼ 1 − ed

2
(W 2−2cW )−edc2 as k → 0 .

(72)
These asymptotic expressions are now used to approximate A ± B according to

A + B = (M + N )
[
1 + γ+(1 − l)

c − W
+ r

2Ωc − 1

(c − W )2

(
1 + γ+l(1 − l)

c − W

)]
− k(M − N )

[ (1 − l)2γ+
c − W

− r
(

1 + γ+l(1 − l)

c − W

)]
+ 2k r N

2Ωc − 1

(c − W )2

(
1 + γ+l(1 − l)

c − W

)
+ O(k2) , (73)

and

A − B = (M + N )
[ γ+

k(c − W )
+ r

2Ωc − 1

k(c − W )2

(
1 + γ+l

c − W

)]
+ (M − N )

[
1 − (1 − l)γ+

c − W
+ r

(
1 + γ+l

c − W

)]
+ 2r N

2Ωc − 1

(c − W )2

(
1 + γ+l

c − W

)
+ O(k) . (74)

The above estimates are obtained from (61)–(61), relying on the expansions, valid for k → 0,

e2 ∼ 1 − 2k + 2k2 , el ∼ 1 − 2(1 − l)k + 2(1 − l)2k2 ,

1

el
∼ 1 + 2(1 − l)k + 2(1 − l)2k2 ,

1

e2
∼ 1 + 2k ,

1 + e2 − e2l − el ∼ 4k2l(1 − l) , 1 + el − e2l − e2 ∼ 4lk .

From (73)–(74) we obtain an expression for (A+ B)/(A− B). To gain insight, we will discuss
separately the cases kd → ∞ and d fixed (both with k → 0), corresponding to waves that are
short and long relative to the depth of the ocean, respectively.

5.1. Intermediate waves (short relative to the depth of the ocean)

This physical regime is defined by the limit kd → ∞ while k → 0. Approximating as
indicated above, we obtain from (59), by taking (69), (71), (72), and (73)–(74) into account,
the dispersion relation in the form

(1 + 2ΩV

c + V
− 2Ω + γ+

) 1 + (1 − l)γ+
c − W

+ r
2Ωc − 1

(c − W )2

(
1 + l(1 − l)γ+

c − W

)
γ+

c − W
+ r

2Ωc − 1

(c − W )2)

[
1 + lγ+

c − W

] ∼ c + V . (75)
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To get (75), since M ± N and N are all of order O(1), to leading order in (73)–(74), we
only retain O(1)-terms in (A + B) and O(1/k)-terms in (A − B). Note that (59) ensures
c + V �= 0; however, as we describe below, the particular form of γ+ leads to a root close to
−V . The dispersion relation, (75), is the exact result generated by our model, for waves that
are intermediate in length. This relation can be analysed for any suitable choice of parameter
values, but we know, for example, that the ratio of densities is very close to unity, i.e. r is
very small. Indeed, by virtue of our chosen non-dimensionalisation, both V and W are also
quite small (which poses a complication, as we will describe shortly); all this suggests that we
can legitimately simplify (75) to obtain some useful, accurate, but approximate, wave speeds.
These results, in turn, can be used to derive corresponding approximations to the ratio of
surface/thermoclinic wave amplitudes. At first sight, we naturally expect the most significant
approximation to involve taking small r , and then it is easy to see that there are two types of
root of (75): speeds c close to W and far from W . We consider the latter first, because this
leads to a solution not relevant here. In the limit r → 0 of (75), the search for a solution c
away from W leads to 1 − 2Ωc ≈ 0; equivalently, in the absence of the Ω term, c → ∞ (or,
we might argue, the speed does not exist). This is to be expected: r → 0 amounts to seeking
gravity waves and we have taken k → 0 (long waves) but then we have also imposed d → ∞,
and long gravity waves do not exist on infinite depth. All such waves are necessarily short
waves (which was our previous calculation, in section 4) – long waves, conventionally with
speeds proportional to

√
d , would have speeds increasing towards infinity, under the conditions

appropriate for this case.
In order to seek the other roots of (75) – there are three remaining – for small r , we first

look at those close to W (keeping all the other parameters fixed as r → 0, but see below). Set

R = r
1 − 2Ωc

(c − W )2
, (76)

and write (75) in the form

(1 − 2Ωc

c + V
+ γ+

) ⎡⎢⎢⎣1 − l + 1 − l R

γ+(1 − l R)

c − W
− R

⎤⎥⎥⎦ ∼ c + V , (77)

after some manipulation. Were R to accumulate to a limit (finite or infinite) different from 1/ l
as r → 0, we would have

1 − l R

γ+(1 − l R)

c − W
− R

= (1 − l R)(c − W )

γ+(1 − l R)− R(c − W )
→ 0 ,

and (77) would be impossible for c near W ; consequently, l R ∼ 1. Substituting (76) yields

c ∼ W ±√
rl [1 − 2ΩW ] . (78)

In physical variables, (78) becomes

c ∼ W ±
√

rl
[
gh − 2Ω h W

]
. (79)

For the typical values (38) and taking r ≈ 6×10−3, as in Fedorov and Brown (2009), we obtain

c ≈ 0.029 ± 0.045 from (78). In physical variables, the corresponding speeds c = c
√

g h,

for a mean thermocline depth h = 120, are about 2.5 and 0.53 ms−1, with the larger value
corresponding to the eastward propagating waves, the waves to the West being five times
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slower. These values match those reported in Fedorov and Brown (2009) from field data, but
this agreement with the above formulae may be rather fortuitous, as we shall now see.

The third root, suitably approximated in the limit r → 0, arises because of the form of
γ+ = (V + W )/(1 − l), which leads to a cancellation in (77) making evident that there is a
root c close to −V :

c ∼ −V − r
1 + 2ΩV

V + W
. (80)

This solution corresponds to propagation to the West, faster than the surface speed in that direc-
tion (so no critical level appears). This result, however, indicates how poor our approximation
is when we incorporate the small values of V and W that are appropriate here; indeed, the
second term in (80) is about ten times larger than the first: we do not have a good approximation
to the roots, which must also cast doubt on (78). This leads us to re-examine the construction
of all three roots.

When equation (77) is normalised with respect to V (or we could use W ), we find that the
crucial parameter is r/V 2, and this takes values, typically, of about 20 for the data that is
relevant to the Pacific EUC. (Our initial approach to this problem was to take this parameter as
small, on the basis of a very small r , which would still be appropriate for some problems of this
type.) Thus we now seek approximate roots, using V 2/r as a small parameter; the calculations
just presented are repeated, resulting in the three roots

c ∼
⎧⎨⎩±√

r + W − 1
2 (1 − l)(V + W ) ,

W − l(V + W )+
(

1 − l

r

)
(V + W )3 .

(81)

The first pair corresponds to (78), and the third is the more accurate replacement for (80). In
physical variables, the speeds obtained from these new expressions, based on the previous
values (but taking r ≈ 4 × 10−3, as given in Kessler and McPhaden (1995)), are 2.7 and
1.7 ms−1 for the first pair, and 0.55 ms−1 for the third root. The largest and smallest values
describe propagation to the East; the middle value is for propagation to the West. Further, the
slowest speed is less than W (which we have taken to be 1 ms−1), and so this mode is necessarily
associated with the appearance of critical layers (both above and below the thermocline, in our
model). This latter observation matches the field evidence for critical layers in equatorial flows
with wavelengths of a few hundreds of metres (Smyth et al. 2011). In conclusion, these new
values are not dissimilar from those just quoted – so we might have been misled into accepting
their accuracy – but we now have more convincing evidence that we have developed a reliable
theory that fits the observed structure and available data for the EUC. In particular, we can have
some confidence in the general dispersion relation, (59), on which all this is founded (and so
(59) could provide the basis for a more comprehensive numerical investigation, for example).

A careful examination of (63), (64), in the case of small r , shows that the ratio between the
amplitudes of the waves on the surface and at the thermocline is, to leading order in k,

a

Δ
∼ A + B

M + N

c − W

c + V
. (82)

Since
M − N

M + N
∼ c2

(c − W )2
and

N

M + N
∼ W (W − 2c)

2(c − W )2
,

by (69) and (71), (72), we obtain from (73) that

A + B

M + N
∼ 1 − R + (1 − l)γ+

c − W
(1 − l R) . (83)
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If we write the dispersion relation (75) as

λ
[
1 − R + (1 − l)

γ+
c − W

(1 − l R)
]

= −R + γ+
c − W

(1 − l R) , (84)

with

λ =
(

1 + 2ΩV

c + V
− 2Ω + γ+

)/
(c + V ) , (85)

then (84) becomes
γ+(1 − l R)

c − W
= λ(R − 1)− R

λ(1 − l)− 1
.

From (83) we now infer that

A + B

M + N
∼ 1 − l R

1 − λ(1 − l)
= [R − λ(R − 1)](c − W )

[1 − λ(1 − l)2] γ+
.

With R ∼ 1/ l, using (78) in the above relation, we get from (82) that

a

Δ
∼ A + B

M + N

c − W

c + V
∼ 1/ l − λ(1/ l − 1)

[1 − λ(1 − l)]2

1

γ+
lr(1 − 2ΩW )

V + W
.

Since, at leading order in k,

λ ∼ 1 − 2ΩW + γ+(V + W )

(V + W )2
,

we obtain that

a ∼ − r Δ for small r , as k → 0 . (86)

We have described the amplitude-ratio calculation associated with the approximate roots given
in (78) and (80); the same applies to all the roots of equation (77). This occurs because the terms
required to determine the amplitude ratio follow the same pattern in both the ratio expression
and the dispersion relation, for all roots.Thus (86) describes the attenuation for the roots given in
(78), (80) and (81). The opposite signs of a andΔ in (86) signal the fact that, while coupled, the
surface and internal waves are out of phase: their crests and troughs interchange. Oscillations
of the thermocline with wavelengths in the range 300–500 m usually have amplitudes of about
5 m, as reported by Smyth et al. (2011). According to (86), the corresponding surface waves
will have amplitudes of about 0.03 m. Since the typical amplitudes for wind-generated surface
waves exceed 2 m, cf. the NOAA database, these thermocline oscillations are barely detectable
at the surface – and this is the case for both small r , with moderate V and W , and for small
V 2/r (which more accurately models the Pacific EUC).

There is one final observation that we should make here: the contribution of the thickness of
the layers to the leading approximation to the speeds which take the conventional form based
on

√
r . In the case of sufficiently small r , the speeds relative to W (see (78) use the thickness

of the core of the EUC above the thermocline only (namely, l); the third speed, close to −V
(see (80)), has a different structure. On the other hand, the alternative approximation, more
appropriate to the Pacific EUC (see the first pair in (81)), uses the factor 1 i.e. the thickness of
the entire layer between the surface and the thermocline. Again, the structure of the third speed
follows a different pattern. We will encounter other combinations of the various thicknesses
in the context of long waves. These results, as we have seen, are not based on any ad hoc
modelling, rather, they are a consequence of our choice of background flow (which attempts
to give a reasonable representation of what is observed).
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5.2. Long waves (relative to the depth of the ocean)

We now consider the case of long waves, so k → 0 and kd → 0; further, we find that the
direct approach to obtain approximate expressions for the speeds, etc., simply based on small
r , is appropriate here: the results hold even for fairly small V and W . So, from (70)–(72) we
get

(c − W )[c − γ−(n − d)] M + N

F
= 2k Γ + O(k2) , (87)

(c − W )[c − γ−(n − d)] M − N

F
= 2c2 + O(k) , (88)

(c − W )[c − γ−(n − d)] N

F
= −c2 + O(k) , (89)

where Γ = d(c − W )2 + (1 + m + n)cW − nW 2. This provides a more complicated version
of the dispersion relation (59):(1 + 2ΩV

c + V
− 2Ω + γ+

)
×
{

2kΓ
{

1 + (1 − l)γ+
c − W

+ r
2Ωc − 1

(c − W )2

[
1 + l(1 − l)γ+

c − W

]}
− 2kc2

{ (1 − l)2γ+
c − W

− r
[
1 + l(1 − l)γ+

c − W

]}
− 2rk

2Ωc − 1

(c − W )2
c2
[
1 + l(1 − l)γ+

c − W

]}/
{

2Γ
{ γ+

c − W
+ r

2Ωc − 1

(c − W )2

[
1 + lγ+

c − W

]}
+ 2c2

[
1 − (1 − l)γ+

c − W
+ r

(
1 + lγ+

c − W

)]
− 2r

2Ωc − 1

(c − W )2
c2
[
1 + lγ+

c − W

]}
∼ k(c + V ) . (90)

The above relation is obtained at leading order, namely O(k) in (A+ B) and O(1) in (A− B),
by taking (73)–(74) into account. This expression, (90), is the exact dispersion relation based
on our model, for long waves; consequently, it could be analysed – perhaps numerically – for
any suitable choice of parameter values. We elect to demonstrate how typical values lead to
some simple predictions (for wave speeds and amplitude ratios), based on a careful algebraic
analysis.

5.2.1. Wave propagation speeds close to the maximum speed of the EUC

For small r , in order to seek roots c close to W , we define R by (76) and then extract the
dominant terms from (90) to give

c + V

∼
(1 + 2ΩV

c + V
− 2Ω + γ+

) kΓ (1 − l)− kΓ Rl(1 − l)− kc2(1 − l)2 + Rkl(1 − l)c2

Γ − Γ Rl − c2(1 − l)+ Rlc2

= k(1 − l)
(1 + 2ΩV

c + V
− 2Ω + γ+

)
,

unless Γ − Γ Rl − c2(1 − l)+ Rlc2 = 0. For c ∼ W and k → 0, the above relation cannot
hold. Thus Γ − Γ Rl − c2(1 − l)+ Rlc2 = 0, or R ∼ (m + l)/(ml), since Γ ∼ (1 + m)W 2
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if c ∼ W . So from (76) we get that, for the roots close to W ,

c ∼ W ±
√

lmr

l + m
(1 − 2ΩW ) . (91)

We note here that the factor in
√

r (which determines the speed relative to W ) incorporates the
thickness of the EUC core both above (l) and below (m) the thermocline, in the form lm/(l+m).
Using typical values (r ≈ 4 × 10−3 and those given in (38) (see Kessler and McPhaden
1995, Fedorov and Brown 2009), we find that c ≈ 0.029 ± 0.026. With the mean thermo-
cline depth at 120 m, the physical propagation speeds are approximately 1.9 and 0.11 ms−1,
both to the East. The first of these fits reasonably well with reported values from field data
(Delcroix et al. 1991, Kessler 2005, Bosc and Delcroix 2008); the second, smaller, value
corresponds to the appearance of critical levels in Region IV; see the discussion in appendix C.
Recently, Chiang and Qu (2013) have provided the first quantitative evidence of thermoclinic
eddies – the hallmark of critical layers – in the western equatorial Pacific Ocean; they report
that their propagation speed is about 0.12 ms−1.

The analysis of (63), (64) produces the familiar relation between the amplitudes of the waves
on the surface and at the thermocline,

a

Δ
∼ A + B

M + N

c − W

c + V
as k → 0 , (92)

and from (87)–(89), we also have

M − N

M + N
∼ 2c2

2kΓ
,

N

M + N
∼ − c2

2kΓ
.

With the notation (76) and (85), we write (73) and (90) as

A + B

M + N
∼ 1 − R + (1 − l)γ+

c − W
(1 − l R)− c2

Γ

{
(1 − l)2γ+

c − W
− r

[
1 + l(1 − l)γ+

c − W

]}
+ c2 R

Γ

[
1 + l(1 − l)γ+

c − W

]
(93)

and

λ

{
Γ
( c + V

c − W

)
− Γ R + c2 R+ l(1 − l)γ+

c − W

[
− Γ R + c2r + c2 R

]
+ c2Γ − c2 (1 − l)2γ+

c − W

}
= Γ γ+

c − W
− Γ R + c2(1 + r)+ c2 R

+ lγ+
c − W

[
− Γ R + c2r + c2 R

]
− c2 (1 − l)γ+

c − W
, (94)

respectively. Setting

θ = −Γ R + c2 R ,

we can write (93) in the form

A + B

M + N

∼ θ

Γ (c − W )

[
c − W + l(1 − l)γ+

]
+ Γ + rc2

Γ
+ (1 − l)γ+
Γ (c − W )

[
Γ − (1 − l)c2 + lrc2

]
,

(95)
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and (94) as

θ
{
(1−λ)

[
c − W + l(1 − l)γ+

]
+ l2γ+

}
= λ

[
Γ (c + V )− c2(1 − l)(V + W )+ Γ c2(c − W )+ rc2l(V + W )

]
− Γ γ+ + c2(V + W )− c2(1 + r)(c − W )− rc2lγ+ . (96)

We re-arrange the relations (95), (96) into

A + B

M + N
∼ θ + rc2

Γ (c − W )

[
c−W +l(1−l)γ+

]
+1+ (1 − l)γ+

Γ (c − W )

[
Γ −(1−l)c2

]
(97)

with

(θ + rc2)
{
(1−λ)

[
(c − W )+ l(1 − l)γ+

]
+ l2γ+

}
= λ

[
Γ (c + V )− c2(1 − l)(V + W )

]
− Γ γ+ + c2(V + W )− c2(c − W ) . (98)

Expressing
[
(c − W )+ l(1 − l)γ+

]
from (98) and inserting the outcome into (97), we get

A + B

M + N

∼ 1

Γ (c − W )(1 − λ)

[
(θ + rc2) l2γ+ + Γ (c + V − γ+)+ c2(W − c + lV + lW )

]
.

(99)

Now using (98) to express (θ + rc2), after a lengthy calculation (which involves several
cancellations between various terms), (99) takes on the more pleasing form

A + B

M + N
∼ (c − W )(Γ − c2)

Γ
[
c − W + lγ+ − λ(c − W + lV + lW )

] . (100)

Thus, to leading order as k → 0, from (92) and (100), we have the exact leading-order
asymptotic behaviour

a

Δ
∼ (c − W )2(Γ − c2)

Γ (c + V )
[
(c − W )(1 − λ)+ lγ+ − lλ(V + W )

] (101)

which we now approximate for small r . Note that, for small r ,

c ∼ W , Γ ∼ (1 + m)W 2 , Γ − c2 ∼ mW 2,

λ ∼ 1 − 2ΩW + (V + W )2/(1 − l)

(V + W )2
= 1 − 2ΩW

(V + W )2
+ 1

1 − l
,

and so

(c − W )(1 − λ)+ lγ+ − lλ(V + W ) ∼ l(V + W )

1 − l
− l(V + W )

[ 1 − 2ΩW

(V + W )2
+ 1

1 − l

]
= − l(1 − 2ΩW )

V + W
.

Finally, from (91) and (101), we get

a

Δ
∼ − rm2

(l + m)(1 + m)
. (102)
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Thus the surface wave, and the corresponding oscillation of the thermocline, are again out-
of-phase, with a considerable attenuation factor at the surface. However, the factor in (102)
is constructed from contributions that depend on the precise position of the core of the EUC.
Oscillations of the thermocline with long wavelengths, and amplitudes of about 20 m, are quite
frequent (cf. Fedorov and Brown 2009), and, according to (102), the corresponding surface
waves have negligible amplitudes (less than 0.001 m); here we used the typical parameters
(38) and the realistic value r ≈ 6 × 10−3 (cf. Fedorov and Brown 2009).

5.2.2. Wave propagation speeds away from the maximum speed of the EUC

Let us now investigate the case with c away from W in (90). If we simply allow r → 0 in (90),
then we find that the dispersion relation reduces to the polynomial

(1 − 2Ωc)
{
(c + V )

[
d(c − W )2 + (1 + m + n)cW − nW 2

]
− (1 − l)c2(V + W )

}
= c2(c − W )2(c + V ) . (103)

This equation is identical to the Burns condition for equatorial shear flows,

(1 − 2Ωc)
∫ 0

−d

dz

[U (z)− c]2
= 1

that determines the speeds of linear long waves over a general shear flow; see the discussion
in appendix D. The analysis of the roots of (103) is quite intricate (see appendix B) and shows
that there are three possible propagation speeds (based on large d and small V and W ): slow
westward coupled waves at the speed

c ∼ −V + (1 − l)V 2

d(V + W )
; (104)

and fast waves propagating either way (to the East or to the West) at non-dimensional speeds

±√
d. Due to (19) and the fact that d = d/h, the latter correspond to the speeds ±

√
gh ≈

200 ms−1 in physical variables. The slow speed (104) is typical for equatorial long waves and
we will discuss in some detail the flow associated with it.

The fast waves are exceptional and one might wonder whether they can be realistically
encountered. While we do not address the overall issue of wave generation in the context of
the initial-value problem for equatorial oceanic waves, let us point out that on Sunday, 22 May
1960, several earthquakes in fast succession, including the most powerful earthquake ever
recorded, occurred along 1000 km of fault parallel to the Chilean coastline, with the epicentre
within 200 km off the coast of Central Chile (see the discussion in Constantin (2011)). Tsunami
waves were generated which propagated across the Pacific Ocean, reaching Hawaii, Japan, the
Philippines, New Zealand and Australia. From records of the travel time of the tsunami across
the Pacific, one can estimate that these tsunami waves raced across the Pacific Ocean at a speed
of about 712 km h−1, which matches well the fast speed predicted by our considerations. Since
the regime in which the faster waves are relevant is exceptional, we confine our interest to the
flows associated with the slower waves.

We now return to the slow, westward speed, (104), which is more typical of the speeds
encountered in association with the EUC. For the parameter choice in (38), we find that
c ≈ 0.014, and then from (19) we get a physical speed of about 0.51 ms−1; this value matches
those reported in Fedorov and Brown (2009). Correspondingly, the amplitude ratio, (92), of
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thermocline

free  surface free  surface

thermocline

Figure 5. The direction of propagation has an effect on the coupling of the surface and internal waves: (a) The
eastward propagating coupled long waves are out of phase, with the crests/troughs of the internal wave located
beneath the troughs/crests of the surface wave; (b) The westward propagating coupled long waves are in phase, with
overlying wave crests/troughs.

these slow waves can be approximated for small r ; from (73) we find that

A + B ∼ (M + N )
[
1 + γ+(1 − l)

c − W

]
− k(M − N )

(1 − l)2γ+
c − W

,

so that (87)–(88), in combination with (103), lead to

a

Δ
∼ c2(c − W )2

(1 − 2Ωc) [d(c − W )2 + (1 + m + n)cW − nW 2] .
Relation (103) shows that the denominator of the right side of the above relation equals

c2(c − W )2 + (1 − l)c2(V + W )(1 − 2Ωc)

c + V
,

so that (104) yields
a

Δ
∼ V 2

V 2 + d
. (105)

While in contrast to the long waves that we discussed earlier, the coupled westward propagating
slow waves are in phase (see figure 5), the amplitude amplification at the thermocline is again
very large (because V is small and d is large). For example, for the typical choice (38), this
factor is about 1.5 × 105, meaning that even a spectacularly large internal wave of amplitude
40 m is undetectable at the surface, since the amplitude of the corresponding surface wave is
less than 0.001 m.

6. Conclusions

We have presented a theory, based on simple principles, to explain the main features of wave-
current interactions that are typical of the flows observed in the Pacific Ocean near the Equator.
Our model uses, as its starting point, the inviscid, but rotational, equations of fluid motion,
adjusted to include the f -plane approximation; these have been suitably non-dimensionalised
and scaled in order to describe the perturbation of a background state. This background state has
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been chosen to accommodate all the salient features that are present: a wind-driven surface layer
(westwards) and an EUC core that flows eastwards which has embedded in it a thermocline.
The particular model for this background flow comprises a number of regions, each of which
possesses constant vorticity – and it is this aspect of the model that makes significant headway
possible. The process of linearisation simply allows the introduction of a linear wave system
superimposed on the background flow, no other assumptions or simplifications being made.
This results in the most general form of linear theory, and it is this that has been solved exactly
(for harmonic waves).

Not surprisingly, the details turned out to be algebraically very involved, but otherwise
the calculation is altogether routine. The use of a realistic background flow, and the minimal
assumptions leading to the linearisation, have produced a theory from which it is possible to
extract a significant amount of information, leading to ample opportunities to check with the
available data, to make some predictions and to explain a number of the underlying processes.
Indeed, our final expressions, in their greatest generality, are available for the analysis of many
different, but similar, flows, and for any chosen wave length. We have elected to extract a few
simple – but gratifyingly quite accurate – results by examining waves of short, intermediate
and long wavelengths, coupled with suitable approximations driven by the sizes of some of
the parameters in the problem. Of course, our theoretical approach cannot hope to reproduce,
faithfully, all the fine detail of the very complicated dynamical processes involved in this
oceanic flow, but we are able to provide some in-depth analysis which can be used to test and to
make empirical predictions. To this end, our model incorporates many of the important factors
that are necessary for the description of these flows, and also many adjustable parameters; we
believe that we have provided firmly-based explanations for most of the fundamental processes
that are relevant, and observed, in the motions in this equatorial region. In particular, we have
found the following:

(1) The significantly different behaviours of short, intermediate and long waves; here,
short is relative to the mean depth of the thermocline, long is with respect to the
ocean depth, while intermediate is long relative to the thermocline depth, but short
relative to the ocean depth. By further approximating, taking advantage of the small
change in density across the thermocline, and the size of the (non-dimensional)
speeds in the background flow, we have obtained simple expressions for the speeds
of these waves, and the strength of the coupling between the waves on the surface and
those on the thermocline. We have seen that the character of these various relations
changes markedly as the dependence on r (a measure of the density difference), on
the thicknesses of the various layers around the thermocline and on the speeds of the
background flow, is different for different wavelengths. So, for example, the effect
of short waves is confined to the near-surface layer, being very weakly coupled
to the motion of the thermocline (section 4). On the other hand, for intermediate
and long waves, the attenuation at the surface is considerable (section 5), so that
waves of significant amplitude on the thermocline will not be visible at the surface
(confirming many observations). Furthermore, our results are able to predict whether
these coupled waves are in- or out-of-phase, depending on the wave regime. For all
the above, we have obtained expressions that, in a simple form, provide a basis for
testing our approach to this problem.

(2) The extensive details of all the various modes and speeds of propagation – there
are five for long waves, for example – have enabled us to predict that some wave
speeds correspond to the appearance of critical layers in the flow. These can manifest
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Table 1. Main wave characteristics: The proposed theory predicts the speed and the amplitude ratio
of the coupled waves at the surface and at the interface, while field data provide estimates for typical
amplitudes of the oscillations of the thermocline and of the surface wave.

Maximum speed Typical amplitude Pacific crossing time
(ms−1) (m) (days)

Short eastward surface wave 12.2 3 12
Short eastward internal wave 12.2 0.015 12
Short westward surface wave 13.2 5 11
Short westward internal wave 13.2 0.025 11
Intermediate eastward surface wave 2.5 0.03 60
Intermediate eastward internal wave 2.5 5 60
Intermediate westward surface wave 0.5 0.03 300
Intermediate westward internal wave 0.5 5 300
Long and slow eastward surface wave 1.9 0.001 84
Long and slow eastward internal wave 1.9 20 84
Long and very slow eastward surface wave 0.12 0.001 1253
Long and very slow eastward internal wave 0.12 20 1253
Long and slow westward surface wave 0.5 0.0001 300
Long and slow westward internal wave 0.5 20 300

Table 2. Field data indicating the main characteristics of the underlying currents.

Vertical range (m) Maximum speed (ms−1)Minimum speed (ms−1)

Westward surface drift 40 0.5 0
Eastward Equatorial Undercurrent 80 1 0

themselves both above and below the thermocline, and there is now a growing body
of observations that confirm their existence (and they are thought to be important in
mixing processes below the surface). In the absence of critical layers, which is the
more usual circumstance, then the wave motion is unidirectional, of course.

(3) Our results show that there is a noticeable difference, both in terms of speeds and the
coupling of the wave systems, between waves that propagate to the East and those
that move westwards. The quantitative features of all the waves are summarised in
table 1, and in table 2 we present the main properties of the observed equatorial
current field.

It is clear that further investigations will be necessary in order to uncover and describe
more details of the dynamics of this flow environment. For example, an important issue in
oceanographic studies is how thermal disturbances are propagated across the equatorial regions,
driven by the underlying flow and the wave system. A first approach in this direction is offered
in appendix E, but this is no more than an indication of what is possible, once we have a
fairly complete and convincing theory of the wave-current interaction. We have shown that
we can predict the appearance of critical layers; this type of flow is of particular interest, both
theoretically and practically; we have briefly described the nature of critical layers, in this
context, in appendix B, but this is worthy of more detailed attention.

Our development has aimed to describe the propagation of a harmonic wave against the
background of a given current field; we have allowed any wavelength for this wave, but a more
meaningful discussion would centre on the interaction between waves of different wavelength.
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Indeed, we can begin to address this in a very simple way, based directly on our analysis. We
can consider the sum of two waves (at the surface, say), one short – the familiar surface gravity
wave – and the other acting as a small-amplitude, long-wave modulation of this; this choice is
fully covered by our theory. Of course, any proper interaction cannot be accessed through the
work presented here; a more comprehensive and detailed analysis is required to accomplish
this. Further, the waves that we have described, within the scenario that we envisage, are not
expected to evolve over sufficiently long time or distance scales to the extent that nonlinearity
becomes important. However, we must expect that nonlinearity will play a rôle in some wave
phenomena – and there is some evidence for this – and so this is another avenue for exploration.
Finally, an important extension of this work is to accommodate the β-plane approximation,
and so incorporate some three-dimensionality (thus allowing for meridional variations), and
also to permit the underlying flow to change (slowly) along the Equator. Many of the above
extensions are currently under investigation.
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Appendix A. The equatorial current field

The theory developed in this paper requires the introduction of a suitable background flow,
namely that given in (36). Here, we present a simple two-dimensional linear model that
explains the basic underlying qualitative mechanisms that give rise to this type of profile.
The complexity of the dynamics implies that any model for the wind-induced current field in
the equatorial region of the Pacific Ocean is bound to involve a trade-off between simplicity
and realism/precision. We aim to find a balance between these two aspects, although we do
not address the issue of quantitative accuracy – available data makes this almost impossible
at this stage, due to the difficulties encountered in obtaining precise empirical estimates of the
vertical eddy viscosity through experiments and measurements, and is beyond the scope of
our discussion here.

To explain the origin of the shape of the equatorial current field, as described in section
2.3, we consider an initially calm setting in which a sudden westward wind-stress is applied
to the ocean surface and then remains constant for a long time. In the absence of land
boundaries, with a constant ocean depth and a uniform wind stress, no gradient of sea-surface
elevation will occur (cf. Davies 2013) but the initial (constant) pressure at the ocean surface
is altered and an underlying current field is generated. If the wind subsides – a feature that is
observed, for example, in the context of the El Niño phenomenon (see also the discussion in
appendix E) – then a rapid adjustment of the pressure at the surface to (constant) atmospheric
pressure will occur. This resulting scenario is the one that is relevant to our theory and the
choice of background profile, because, after the wind drops, the underlying current persists, its
basic shape being captured by the background flow modelled by (36). The issue is therefore:
can we find a mechanism that generates a suitable background flow? Once this is in place, and
the uniform wind drops, wave perturbations of this pure current background flow, studied in
this paper, can be initiated by wind bursts. Of course, viscous theory is essential in explaining
the genesis of the equatorial-current field induced by wind forcing, but in this paper we have
pursued an inviscid study of equatorial wave-current interactions. This approach is appropriate
since the values of the Reynolds numbers encountered in geophysical fluid dynamics are very
large; see the discussion in Maslowe (1986).

Let us now describe the most basic framework for the interpretation of the wind-induced
current field in the equatorial region of the Pacific ocean. Ignoring the detailed structure of
the prevailing westward trade winds, we assume the wind stress to be uniform and consider
the linearised equations for a forced steady-state flow, with a vanishing vertical-fluid-velocity
component in the f -plane approximation:

0 = − 1

ρ
Px + (

ν uz
)

z , (A.1a)
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−2Ω u = − 1

ρ
Pz − g , (A.1b)

ux = 0 , (A.1c)

in the frictional layer located beneath the surface z = 0 and above the thermocline z = −h,
where ρ takes on the constant value ρ0. We assume the stress-shear relationship

τ = ρ ν uz , (A.2)

for the wind-induced stress τ(z)within the fluid, where ν(z) is the vertical viscosity parameter
(see McCreary 1985). In contrast to the classical model of uniform vertical viscosity, due to
Stommel (1960), we assume that ν(z) is depth-dependent. This assumption is consistent with
measurements and was introduced by Cronin and Kessler (2009). Associated with (A.1) is the
knowledge of the surface wind stress, τ 0 < 0,

ρ0 ν uz = τ 0 at z = 0 . (A.3)

The considerations in Wenegrat et al. (2014) show that it is realistic to assume the validity of
the relation ν(0) = σ |τ 0|, for some (dimensional) constant σ ; thus (A.3) becomes

uz = − 1

ρ0σ
at z = 0 . (A.4)

Note that for moderate and high wind speeds, exceeding 5 ms−1, the surface wind stress |τ 0|
is a quadratic function of the wind speed:

|τ 0| = cD ρa U
2
w (A.5)

(in Nm−2), where Uw is the wind speed at 10 m above the sea surface, ρa is the density of air
(about 1.22 kg m−3) and cD ∼ 0.0013 is a (dimensionless) drag coefficient (see the discussion
in Santiago-Mandujano and Firing (1990), Yelland and Taylor (1996)). This is relevant to the
equatorial Pacific, where the average speed of the trade winds is typically about 7 ms−1. We
also observe that (A.4) shows that the shear at the surface does not depend on the wind speed.
In the classical model, discussed in detail in the survey by Arthur (1953), one requires that the
shear (and thus the stress) vanishes at the thermocline z = −h, nominally set as the centre
of the EUC. We will also impose this condition, known to be realistic for the central Pacific
region (cf. Cronin and Kessler 2009).

Differentiating the first equation in (A.1) with respect to the z-variable and the second
equation with respect to the x-variable, their difference yields (ν uz)z z = 0 for −h < z < 0.
Taking into account the assumption of a vanishing shear at the thermocline, we see that

ν uz = A
(

1 + z

h

)
for − h < z < 0 , (A.6)

where A is some (dimensional) parameter; from (A.4) we get

A = −ν(0)
ρ0σ

. (A.7)

The surface drift u(0) is typically about 3 % of the wind speed, with |u(0)| proportional to√|τ 0| (see Wu 1975). Setting u(0) = −θ √
ν(0) for some (dimensional) constant θ , from

(A.6)–(A.7) we obtain that

u(z) = −θ √ν(0)+ ν(0)

ρ0σ

∫ 0

z

1 + (
s
/

h
)

ν(s)
ds for − h < z ≤ 0 . (A.8)
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Let Patm be the (constant) atmospheric pressure at the point x = 0, z = 0; if there is no wind,
the pressure is atmospheric on the surface z = 0. We see that (A.1) and (A.8) yield

P(x, z) = −ν(0)
σ h

x − ρ0g z − 2ρ0Ω

∫ 0

z
u(s) ds + Patm for − h < z ≤ 0 . (A.9)

In the deep layer beneath the thermocline, (A.1) has to be replaced by

0 = − 1

(1 + r) ρ0
Px + (ν uz)z , (A.10a)

−2Ω u = − 1

(1 + r) ρ 0
Pz − g , (A.10b)

ux = 0 . (A.10c)

The boundary conditions appropriate to the set (A.10) are the continuity of the horizontal
velocity component, of the pressure and of the shear stress across the thermocline, together
with the no-slip boundary condition

u = 0 at the ocean bed z = −d . (A.11)

The equations in (A.10) show that
(ν uz)z z = 0

throughout the deep layer. Coupled with the assumption that the shear vanishes at the thermo-
cline, this yields

ν uz = B
(

1 + z

h

)
for − d < z < −h , (A.12)

for some (dimensional) parameter B. In view of (A.9), (A.10), (A.12), the continuity of the
pressure across the thermocline shows that

B = − ν(0)

(1 + r) ρ0σ
. (A.13)

Taking into account (A.11), we deduce that

u(z) = − ν(0)

(1 + r) ρ0σ

∫ z

−d

1 + (
s
/

h
)

ν(s)
ds in the fluid region − d ≤ z < −h ,

(A.14)
while

P(x, z) = − ν(0)

σ h
x − ρ0g [(1 + r)z + rh]

− 2ρ0Ω

∫ 0

−h
u(s) ds − 2ρ0Ω(1 + r)

∫ −h

z
u(s) ds + Patm

below the thermocline, i.e. for −d ≤ z ≤ −h. Due to (A.8) and (A.14), the relation

−θ √ν(0)+ ν(0)

ρ0σ

∫ 0

−h

1 + (
s
/

h
)

ν(s)
ds = − ν(0)

(1 + r) ρ0σ

∫ −h

−d

1 + (
s
/

h
)

ν(s)
ds (A.15)

emerges from the continuity of u across the thermocline, both sides being equal to u(−h).
Using (A.5) and the fact that ν(0) = σ |τ 0|, we see that the relation (A.15) expresses an
implicit dependence of the thermocline depth h on the wind speed. We also observe that in the
case ν = constant, equations (A.8) and (A.14) imply that the velocity profile, u(z), is parabolic
both above and below the thermocline (as in Stommel (1960)).
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Figure A1. Typical vertical profile of the equatorial current field in the Pacific region (in bold) and a piecewise linear
approximation (dotted broken line). The horizontal axis points from West to East, along the Equator.

Glancing at (A.6), (A.7), (A.12), (A.13) and (A.15), we deduce that u attains its maximum
u(−h) > 0 on the thermocline and its minimum u(0) = −θ √

ν(0) < 0 on the free surface,
being strictly increasing with depth above the thermocline and strictly decreasing below it, as
plotted in figure A1 for a reasonable choice of the function ν (see below). These considerations
show that the choice of a piecewise linear current, as in the background flow (36), captures
the primary structure of the equatorial current system in the Pacific, where regular trade winds
blow to the West.

The microstructure measurements in Peters et al. (1988) and in Smyth et al. (1996) indicate
that the vertical-eddy-viscosity-coefficient is depth-dependent. While for low wind speeds
(below 3 ms−1) the behaviour presents anomalies due to surface tension effects, for moderate
and high wind speeds a realistic choice is a viscosity coefficient of the form

ν(z) = ν(0) f
(
z
/

d
)
, −d ≤ z ≤ 0 , (A.16)

for a suitably chosen (non-dimensional) function f that decays exponentially with depth
in the layer above the thermocline (see Cronin and Kessler 2009). Expressing in (A.15)
all dimensional variables in standard units of measure by setting ν(0) = ξ2 m2 s−1 and
otherwise dropping the overbar, we obtain, after some simple algebraic manipulation, the
non-dimensional equation

ξ = C
∫ 0

−h

1 + (
s
/

h
)

f (s/d)
ds + C

(1 + r)

∫ −h

−d

1 + (
s
/

h
)

f (s/d)
ds , (A.17)
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relating the variables ξ > 0 and h ∈ (0, d) by means of the fixed constants C, d > 0 and the
given function f : [−1, 0] → (0,∞), known to be strictly increasing on [−h/d, 0]. Note that

d

dh

(∫ 0

−h

1 + (
s
/

h
)

f (s/d)
ds

)
= − 1

h2

∫ 0

−h

s ds

f (s/d)
> 0 , (A.18)

d

dh

(∫ −h

−d

1 + (
s
/

h
)

f (s/d)
ds

)
= − 1

h2

∫ −h

−d

s ds

f (s/d)
> 0 , (A.19)

while

d

dh

(
1√
h

∫ 0

−h

1 + (
s
/

h
)

f (s/d)
ds

)
= − 3

2h2
√

h

∫ 0

−h

s ds

f (s/d)
− 1

2h
√

h

∫ 0

−h

ds

f (s/d)

> − 1

2h2
√

h

∫ −h/3

−h

3s ds

f (s/d)
− 1

2h
√

h

∫ 0

−h

ds

f (s/d)

>
1

h
√

h

∫ −2h/3

−h

ds

f (s/d)
+ 1

2h
√

h

∫ −h/3

−2h/3

ds

f (s/d)
− 1

2h
√

h

∫ 0

−h

ds

f (s/d)

= 1

2h
√

h

(∫ −2h/3

−h

ds

f (s/d)
−
∫ 0

−h/3

ds

f (s/d)

)
> 0 , (A.20)

and
d

dh

(
1√
h

∫ −h

−d

1 + (
s
/

h
)

f (s/d)
ds

)
= − 1

2h2
√

h

∫ −h

−d

h + 3s

f (s/d)
ds > 0 . (A.21)

In terms of the dimensional variables, comparing (A.17) with (A.15), we see that (A.18) and
(A.19) imply [

u(−h)− u(0)
]

increases when ν(0) increases (A.22)

and
u(−h) increases when ν(0) increases , (A.23)

respectively. Similarly, (A.20) and (A.21) provide us with the monotonicity features[
u(−h)− u(0)

]/√
g h increases when ν(0) increases (A.24)

and

u(−h)
/√

g h increases when ν(0) increases , (A.25)

respectively, expressed in terms of the non-dimensionalisation described in (19). Finally, let
us note that the monotonicity property:

−u(0) increases when ν(0) increases , (A.26)

follows at once since u(0) = −θ √
ν(0). Consequently, for the background flow (36), the

strength of the westward surface drift V (respectively V ), of the maximum speed of the EUC,
W (respectively W ), and of the total speed variation of the current field, V + W (respectively
V + W ), all exhibit a monotonically increasing dependence on the speed of the generating
wind. Moreover, the thermocline depth, h (respectively h), also presents this feature.

The development that we have presented here is intended as an indication of why we chose
the particular background flow that we used for the analysis. The general form that we modelled
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is what is observed, but we thought that a brief outline of how we think it might come about
would be useful. Of course, any careful and consistent discussion of the interaction between
surface winds (and pressure) and the ocean, the rôle of surface and internal viscosities, and the
timescales involved, is an immense task – and quite beyond the aims of the current work. The
bottom line is that we need do no more than be given any (suitable) arbitrary background flow,
and then proceed with our linear theory; in this context, the ideas presented in this appendix
can be ignored.

Appendix B. Some considerations on real roots of quintics

Galois theory ensures that there is no general algebraic solution (in terms of radicals) which
gives the roots to a quintic polynomial with arbitrary real coefficients. Nevertheless, if the
coefficients are specified, the roots can be computed numerically to any desired degree of
accuracy. To go beyond the limitations inherent in a case-by-case approach in order to draw
some conclusions valid in a wider context, it is necessary to take advantage of the structural
properties of the type of quintic under investigation. We present here some considerations valid
for the quintic that underlies the dispersion relation for long waves (see section 5.2).

We write (103) as

p(c) = c5 + e1 c4 + e2 c3 + e3 c2 + e4 c + e5 , (B.1)

where

e1 = − 2W + V + 2Ωd ,

e2 = W 2 − 2V W − d + 2Ω {W (l + m + n − 2d)+ V (d − 1 + l)} ,
e3 = d(2W − V )+ V W 2 − W (l + m + n)+ (1 − l)V

+ 2Ω {V W (1 + m + n − 2d)+ (d − n)W 2} ,
e4 = (n − d)W 2 − V W [1 + m + n − 2d] + 2Ω {(d − n)V W 2} ,
e5 = (n − d)V W 2 .

Since p(c) → ±∞ as c → ±∞ and

p(−V ) = (1 − l)(V + W )V 2(1 + 2ΩV ) > 0 , p(0) = (n − d)V W 2 < 0 ,

we deduce that p has at least three real roots: c1 ∈ (−∞,−V ), c2 ∈ (−V, 0) and c3 ∈ (0,∞).
Since Ω � 1, we have

e1 ≈ −2W + V ,

e2 ≈ W 2 − 2V W − d ,

e3 ≈ d(2W − V )+ V W 2 − W (l + m + n)+ (1 − l)V ,

e4 ≈ (n − d)W 2 − V W [1 + m + n − 2d] .
Note that V, W � 1 while l, m, n are all O(1). Since all five roots of p, in the complex palne,
lie within the distance 1 + max1≤ j≤4 |e j | from the origin (see Prasolov 2004) then to find the
approximate location of the real roots of (103) we might let Ω → 0. This amounts to setting
Ω = 0 in the coefficients of the polynomial p, so that we now have to locate the real roots of
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the polynomial

q(c) = c5 − {2W − V } c4 − {d − W 2 + 2V W } c3

+ {d(2W − V )+ V W 2 − W (l + m + n)+ (1 − l)V } c2

− {dW (W − 2V )− nW 2 + V W [1 + m + n]} c − (d − n) V W 2 . (B.2)

We now take advantage of the inequality V < W and of Descartes’ rule of signs, which states
that the number of positive roots of the polynomial

∑n
j=0 a j x j , with real coefficients, does

not exceed the number of sign changes in the sequence a0, a1, . . . , an (see Prasolov 2004).
Irrespective of the sign of (W − 2V ), we deduce that q has at most three positive roots. Since
the negative roots of q(c) are the positive roots of q(−c), there are at most two negative
roots. Consequently, q has precisely two negative roots: c1 and c2. Moreover, computing
q+(c) = q(c − W ):

q+(c) ∼ c5 − (7W − V ) c4 − d c3 + d(2W − V ) c2 − dW (W − 2V ) c − dV W 2

and so Descartes’ sign rule applied to q+(−c) ensures that q+ has at most two negative roots.
Thus q has at most two and therefore exactly two real roots smaller than W . Since q(c) → ∞
for c → ∞ and

q(W ) = −(l + m)W 2(V + W ) < 0 ,

we deduce that q has at least one real root larger than W . We claim that there is just one real
root larger than W . To prove this, let us write

q(c) = (c2 − d)(c − W )2(c + V )+ q̂(c) , (B.3)

where q̂ is the second-degree polynomial

q̂(c) = {−W (l + m + n)+ (1 − l)V } c2 + {nW 2 − V W (1 + m + n)} c + nV W 2 .

Since the relations

q̂(0) = nV W 2 > 0 , q̂(W ) = −(l + m)W 2(V + W ) < 0 , q̂(−√
d) < 0 ,

ensure that q̂(c) < 0 for c < −√
d and for c > W , a glance at the graph of the quintic

polynomial (c2 − d)(c − W )2(c + V ), depicted in figure B1, confirms that q has no roots
in either of the intervals (−∞, −√

d) and (W,
√

d). Were all roots of q real, one would be
located in the interval (−√

d, −V ), one in the interval (−V, 0), and three would have to be
larger than

√
d; thus their sum would exceed 2

√
d − V � 2W − V , which is impossible in

view of Viète’s formula. Consequently two of the roots of q are not real.
We conclude our discussion by deriving the asymptotic form of the three real roots of p.

With d � 1 and V, W � 1 such that dW and dV are both O(1), the fact that the polynomial
(B.2) has only one relatively large coefficient, namely that of the cubic term, yields

c1 ≈ −√
d , c3 ≈ √

d (B.4)

(see also the discussion in Pakdemirli and Sari (2013)). As for c2 ∈ (−V, 0), since

|q(0)| = (d − n)V W 2 � (1 − l)V 2(V + W ) = q(−V ) ,

we expect c2 ≈ −V . Set c2 = −V + γ with γ ∈ (0, V ). From q(c2) = 0, using (B.3), we get,
retaining the relevant dominant terms,[−3dV 2 − 2d(2W − V )V − dW (W − 2V )

]
γ

+ V 2 [−W (l + m + n)+ (1 − l)V
]

+ V
[−nW 2 + V W (1 + m + n)

] + nV W 2 ∼ 0 .
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−   d

W0

−V

d

Figure B1. The graph of the quintic (c2 − d)(c − W )2(c + V ).

Thus

γ ∼ (1 − l)V 2

d(V + W )
,

so that

c2 ∼ −V + (1 − l)V 2

d(V + W )
. (B.5)

Appendix C. Critical layers

If the speed of the coupled surface and internal waves, c, is such that −V < c < W , then a
critical layer exists in Region I. Moreover, if 0 < c < W , then there is a second, corresponding
critical layer in Region IV. We analyse the situation for the critical layer in Region I, the
considerations for Region IV being analogous.

The non-dimensional, scaled equations in Region I are

ut + (−V − γ+z + ε u) ux + w(−γ+ + ε uz)+ 2Ωw = − px ,

wt + (−V − γ+z + ε u)wx + ε wwz − 2Ωu = − pz ,

ux + wz = 0 ;
see (28)–(35) and (36). We introduce the characteristic ξ = x − ct associated with this wave
motion to give

(−c − V − γ+z + ε u) uξ + w(−γ+ + ε uz)+ 2Ωw = − pξ , (C.1)

(−c − V − γ+z + ε u)wξ + ε wwz − 2Ωu = − pz , (C.2)

uξ + wz = 0 . (C.3)

Now the solution valid away from the critical layer (in Region I), based on the linear problem,
can be expressed in terms of the stream function ψ(ξ, z), determined up to a constant by

ψξ = −ε w and ψz = U + ε u .

We have, for ε → 0,

ψξ ∼ −ε (Aekz + Be−kz) sin(kξ) ,

ψz ∼ −V − γ+z + ε (Aekz − Be−kz) cos(kξ) ,
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and so

ψ ∼ −V z − γ+
2

z2 + ε
Aekz + Be−kz

k
cos(kξ) .

We define zc, the mid-line of the critical layer, by c + V + γ+ zc = 0; writing z = zc + δ Z
gives

ψ ∼ −V zc − γ+
2

z2
c − δ(V + γ+zc) Z − δ2 γ+

2
Z2

+ ε
1

k

(
Aekzc + Be−kzc + O(δ)

)
cos(kξ) .

We now introduce the stream function ψ̂(ξ, z) in the moving frame, defined up to an additive
constant by

ψ̂z = U + ε u − c and ψ̂ξ = −ε w .
Thus we obtain

ψ̂ + (V + c)zc + γ+
2

z2
c ∼ −δ2 γ+

2
Z2 + ε

1

k

(
Aekzc + Be−kzc

)
cos(kξ) , (C.4)

an asymptotic representation which breaks down in the classical way: where δ = O(
√
ε). On

the basis of this breakdown of the asymptotic expansion near the critical layer, we introduce
the relevant variables valid in the neighbourhood of this critical layer. We write

z = zc + √
ε Z and u = 1√

ε
Ũ (ξ, Z; ε) ,

with w = W̃ (ξ, Z; ε) , p = P̃(ξ, Z; ε) ,
and we note that c + V + γ+z = γ+

√
ε Z . The governing equations (C.1)–(C.3) near the

critical layer in Region I therefore become

(−γ+Z + Ũ ) Ũξ + W̃ (−γ+ + ŨZ )+ 2ΩW̃ = − P̃ξ ,

ε
{
(−γ+Z + Ũ ) W̃ξ + W̃ W̃Z

}− 2ΩŨ = − P̃X ,

Ũξ + W̃Z = 0 .

To proceed, we introduce the stream function � appropriate to this region, so that Ũ = �Z

and W̃ = −�ξ , and then the leading-order problem here, as ε → 0, is given by

(�Z − γ+Z)�Zξ −�ξ(−γ+ +�Z Z )− 2Ω�ξ = − P̃ξ ,

2Ω�Z = P̃Z .

Differentiating the first equation with respect to the Z -variable yields

(�Z − γ+Z) (�Z Z )ξ −�ξ (�Z Z )Z = 0 .

This means that the gradients of the functions (� − γ+Z2/2) and �Z Z are aligned, so that
�Z Z and (�− γ+Z2/2)must be functionally dependent; see the discussion in Newns (1967).
Due to (C.4), the appropriate solution must match to

− γ+
2

Z2 + 1

k

(
Aekzc + Be−kzc

)
cos(kξ)

for Z = O(1/
√
ε). Thus �Z Z ≈ −γ+ throughout, and the stream function in the moving

frame near the critical layer is therefore

� ≈ − γ+
2

Z2 + 1

k

(
Aekzc + Be−kzc

)
cos(kξ) .
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Figure C1. In the moving frame, the critical points of the stream function are surrounded by closed streamlines
(Kelvin’s “cat’s eye” flow pattern). The critical layer, depicted by the dashed curve, is the hallmark of flow reversal,
the flow being uni-directional away from the critical layer.

The streamlines are then expressed as

−γ+
2

Z2 + 1

k

(
Aekzc + Be−kzc

)
cos(kξ) = constant .

This family of streamlines recovers the classical Kelvin cat’s-eyes; see figure C1.
The condition for the existence of a critical layer in Region I is

zc = −(c + V )/γ+ > −1 + l . (C.5)

For short waves, using (66), we see that (C.5) amounts to
√

k > 1/(V + W ). In physical vari-
ables, this corresponds to the requirement that the wavelength L satisfies
L < 2π (V + W )2/g. Since, typically, this amounts to very small wavelengths (a few metres
at most), we conclude that short waves do not generate critical layers in Region I. However,
critical layers in Region I will arise due to westward propagating long waves with speeds close
to V . In this case, (B.5) from appendix B transforms (C.5) into the condition V 2 < d(1 − l),
which is clearly satisfied for the typical choice (38). Field evidence for critical layers above
the thermocline is provided in Smyth et al. (2011).

We also point out that long, single harmonic waves propagating eastward at speeds c < W
will always generate critical layers in Region IV. To see this, it suffices to note that the level
zc of the critical layer in Region IV is defined by the solution to the equation

−c + W (zc + n)/(n − 1 − m) = 0 ,

and for c ∈ (0,W ) with W < 1, we have zc ∈ (−n, −1 − m). Consequently, long waves
propagating eastwards at speeds c < W will generate critical layers beneath the thermocline.

Appendix D. The Burns condition for equatorial shear flows

The equations

ut + U (z) ux + wU ′(z)+ 2Ω w = − px , (D.1a)

wt + U (z)wx − 2Ω u = − pz , (D.1b)
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in the region (−d < z < 0), coupled with

ux + wz = 0 in −d < z < 0, (D.2)

uz − wx = 0 in −d < z < 0 , (D.3)

p = (1 + 2ΩV ) η on z = 0 , (D.4)

w = ηt − V ηx on z = 0 , (D.5)

w = 0 on z = −d , (D.6)

are the leading order (linear) equations obtained in the limit r → 0 of (39)–(47), as required in
the long-wave approximation of our problem – see the discussion in section 5.2. In particular,
in the limit r → 0 the presence of the thermocline is neglected. To investigate the system
(D.1)–(D.6), we first introduce a travelling wave: with ξ = x − ct , we have

[U (z)− c]uξ + wU ′(z)+ 2Ωw = −pξ , (D.7a)

[U (z)− c]wξ − 2Ωu = −pz, (D.7b)

in the region (−d < z < 0), coupled with

uξ + wz = 0 in −d < z < 0 , (D.8)

uz − wξ = 0 in −d < z < 0 , (D.9)

p = (1 + 2ΩV ) η on z = 0 , (D.10)

w = − (c + V ) ηξ on z = 0 , (D.11)

w = 0 on z = −d . (D.12)

Now we impose the condition for long waves, e.g. we seek a solution with a (ξ, z)-dependence
in the form (kξ, z) and let k → 0. That is, we set

u = ũ(χ, z) , w = k w̃(χ, z) , η = η̃(χ, z) , p = p̃(χ, z) with χ = kξ ;
the different scaling of w being imposed to ensure the consistency of the equation of mass
conservation, (D.8), in the new variables (χ, z). This gives, at leading order as k → 0,

[U (z)− c] ũχ + w̃U ′(z)+ 2Ω w̃ = − pξ , (D.13a)

2Ω ũ = − p̃z , (D.13b)

in the region (−d < z < 0), coupled with

ũχ + w̃z = 0 in −d < z < 0 , (D.14)

ũz = 0 in −d < z < 0 , (D.15)

p̃ = (1 + 2ΩV ) η̃ on z = 0 , (D.16)

w̃ = − (c + V ) η̃χ on z = 0 , (D.17)

w̃ = 0 on z = −d . (D.18)

Thus

p̃(χ, z) = 2Ω z ũ(χ)+ (1 + 2ΩV )η̃(χ) , w̃(ξ, z) = −z ũχ (χ)− (c + V ) η̃χ (χ) ,

and so we get
d ũχ = (c + V ) η̃χ

and
[U (z)− c] − (z + d)U ′(z) = (2Ωc − 1)d

c + V
.
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Multiplying both sides by 1/[U (z)− c]2 and integrating on [−d, 0], this produces

1 = (1 − 2Ωc)
∫ 0

−d

dz

[U (z)− c]2
, (D.19)

which is the Burns condition for this problem. For Ω = 0 in (D.19) we recover the classical
result given by Burns (1953), relating the speed of propagation of long water waves to the
background-current-velocity distribution.

Appendix E. Propagation of thermal disturbances

Small variations (of the order of 1 ◦C) in the magnitude of the sea surface temperature in
the equatorial Pacific, where the mean sea surface temperature exceeds 27 ◦C, can result in
dramatic shifts in weather patterns (cf. Palmer and Mansfield 1984). In this process, the EUC
variability, due to anomalies in the equatorial zonal wind, leads to wave-induced changes
in the entire equatorial oceanic circulation. These seasonal variations are strongly linked to
the El Niño Southern Oscillation (ENSO) and have an impact on the global climate (see
Kessler 2002). We now briefly discuss the rôle played by interactions between ocean waves
and the EUC towards the redistribution of heat in the equatorial Pacific. While both vertical
and horizontal heat transport influence the thermal structure of the ocean, we do not aim
to provide a comprehensive discussion here. For simplicity, and since this process is often
dominant in the variability of the sea-surface temperature (cf. the discussion in Cronin and
McPhaden (1997)), we restrict our attention to the eastward heat advection. Note that the rate
of heat energy transport through the surface responds mainly to changes in the sea-surface
temperature (see Haney 1971, Boccaletti et al. 2004, Boccaletti 2005, Wallcraft et al. 2008),
with the dimensional ocean-atmosphere heat flux Q well-approximated as

Q = α (T
∗ − T ) , (E.1)

in which T is the sea-surface temperature, while typical values of the relaxation coefficient
α, and of the threshold atmospheric temperature T

∗
for the equatorial Pacific, are about

50 Wm−2 C−1 and 27.5◦C, respectively (cf. Philander 1989). A negative sign in (E.1) implies
upward heat flux, so that the effect of a sea-surface temperature in excess of T

∗
is a transfer

of heat from the ocean into the atmosphere.
We assume that the convection of temperature changes, T (x, z, t), due to the flow of the

ocean, driven by the propagation of waves, is governed by the equation

Tt + (U + εu) Tx + ε w Tz = κ Txx , (E.2)

written in non-dimensional, scaled variables. The (non-dimensional) thermal diffusivity is κ .
The model equation (E.2) admits diffusion in the x-direction, but not in the vertical z-direction,
together with the familiar convection by virtue of the material derivative (see Gill 1982). In
(E.2), U (z) is the background flow, given by (36), while

u =
(

C ekz − D e−kz
)

cos(kξ) , w =
(

C ekz + D e−kz
)

sin(kξ) ,

where ξ = x − ct , and the constants C and D are selected to correspond to the region being
considered: C = A and D = B in Region I, C = S and D = R in Region II, C = M and
D = R in Region III, C = F and D = G in Region IV, C = E and D = E e−2kd in Region
V (see section 3).
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Figure E1. Atypical background temperature distribution in the equatorial Pacific, depicting the range of temperature
(in ◦C) as a function of depth: temperature gradients are very small below 1 km, while beneath the thermocline, which
corresponds to the 20 ◦C isotherm, lies a region of large gradients and above it the depth-dependence of the temperature
presents a linear trend (see Gill 1982, Weisberg and Hayes 1995).

We now seek an asymptotic solution in the near-surface layer, which is to be a perturba-
tion (based on the parameter ε) of a given background temperature distribution T0(z) – see
figure E1:

T (ξ, z, t) ∼ T0(z)+ ε T1(ξ, z, t) throughout the strip − d ≤ z ≤ 0 .

Thus, at leading order in the perturbation, i.e. at O(ε), we obtain

T1t + (U − c)T1ξ + T ′
0(z)w = κ T1ξξ in the near-surface layer − 1 < z < 0 . (E.3)

Recalling the given form of w, we see that (E.3) has the particular solution

T̃1(ξ, z, t) = −T ′
0(z)

κ

Cekz + De−kz

k2 +
(
[U (z)− c]/κ]

)2

{
sin(kξ)−

(U (z)− c

kκ

)
cos(kξ)

}
, (E.4)

leaving, for T = T1 − T̃1,
Tt + (U − c)Tξ = κ Tξξ .

The solution to this heat equation, with initial data T(x, z, 0) = F(x, z), is

T(ξ, z, t) = 1√
κπ t

∫ ∞

−∞
F(s, z) exp

{
−
(
ξ − [U (z)− c] t − s

)2
4κt

}
ds . (E.5)

The solution to (E.3) is then given by T1 = T̃1 + T, with T̃1 defined in (E.4) and T provided
by (E.5), for some F . We may select F to accommodate any suitable initial datum for T1.
In particular, F can be chosen to describe an initial temperature disturbance that is localised
about some x = x0 at time t = 0.

Let us investigate the behaviour of the maximum temperature at the surface z = 0, over
long times. With T(ξ, 0, t) decaying in time like t−1/2, the main contribution for large values
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of t comes from (E.4). At a fixed time t , the maximum/minimum of T̃1 in (E.4) at the surface
z = 0 is attained where tan(kξ) = kκ/(c + V ) and equals

± θ [C + D]
k
√

k2κ2 + (c + V )2
= ± θ a(c + V )√

k2κ2 + (c + V )2
, (E.6)

taking (63) into account; we have written

θ = T ′
0(0) > 0 .

The question that we address here is: within our model, which waves provide the primary
mechanism for the generation of significant temperature changes at the surface? In order to
discuss this, we fix θ , κ and a, i.e. a given background temperature-distribution and thermal
diffusivity, and a given amplitude of the waves on the surface, and then treat k (the wave
number) as the appropriate parameter. Since for very short waves (66) yields

θ a(c + V )√
k2κ2 + (c + V )2

∼ θa

κ
k−3/2 with k → ∞,

an interesting conclusion follows: the intermediate and long waves are the primary mechanism
for the generation of significant temperature changes at the ocean surface. For these waves we
have k � 1, so that, for large values of t , we now obtain

θ a(c + V )√
k2κ2 + (c + V )2

∼ θa. (E.7)

Thus the amplitude of the oscillation of the temperature perturbation at the sea surface is
proportional to the long surface wave amplitude a and to the rate of decay of the background
temperature at the surface, θ . This fact is of significance in the context of El Niño events.
The relatively slow propagation of long waves across the ocean, which couple the surface
waves to the oscillations of the thermocline, provide an important source of climate variability
in the equatorial regions of the Pacific. Note that the Sun is the major source of heating,
and temperatures at the Equator are, on average, the hottest on the planet since the Equator
always receives direct sunlight. The ocean layer above the thermocline absorbs practically all
of the incoming solar radiation and responds quickly to changes in the surface climate. The
primary direct influence of the ocean on the overlying atmosphere is through the sea-surface
temperature which, in addition to solar radiation, is also influenced by the ocean dynamics.
Under normal conditions in the equatorial Pacific, there is a change in excess of 3 ◦C in
the sea-surface temperature from West to East, since the trade winds drag the surface water
westward and in the prolonged exposure to the Sun warms it up, while colder water in the
East (off the coast of South America) up wells from below the thermocline. This East–West
surface temperature difference creates a convective loop in the atmosphere across the equatorial
Pacific that, in turn, reinforces the trade winds. The warm western water-pool pumps heat and
moisture into the atmosphere, the rising air being associated with rainfall since, in this process,
air cools and thus holds less evaporated water. This ocean-atmosphere system is stable but,
every 5 years or so, the Pacific trade winds get disrupted to the point that they fall to zero, and
sometimes even blow from West to East (see Kessler 2002). The weakening of the trade winds
is mainly concentrated in an area around the date line (cf. Deser and Wallace 1990) and, once
initiated, persists throughout the autumn months; see the discussion in Cosca et al. (2003).
This leads to temperature anomalies in this region, with maximum temperature increasing
by up to 4 ◦C during the 1997–1998 El Niño, since strong wind-activity and the associated
cloudiness contribute to sea-surface cooling due to enhanced latent-heat loss and reduced
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shortwave radiation (cf. Cronin and McPhaden 1997). The weakening of the trade winds is
punctuated by westerly wind bursts that excite eastward propagating waves, thus inducing
an eastward migration of the temperature anomalies (cf. Cosca et al. 2003). According to the
above discussion, applied to a background temperature T0 with T0(0) corresponding to 27.5 ◦C
and a localised temperature perturbation εT1 accommodating variations of up to 2.5 ◦C, the
thermal adjustment in the eastern equatorial Pacific is driven by the propagation of intermediate
and long waves. Since the intermediate waves have wavelengths of a few hundred metres and
propagation speeds within the ranges specified in section 5.1, (E.1) shows that in this case the
succession of heat flux from the atmosphere into the ocean and vice-versa occurs typically
within less than a half-hour, so that over the course of a day the net flux across the ocean
surface is zero. The situation for long waves differs radically: waves with wavelengths of a
few hundred kilometres and speeds that do not exceed 2 ms−1 are common occurrences, cf.
the data provided in Sitler (1994); in this case, due to (E.1) and (E.7), the heat flux from the
ocean to the atmosphere is uninterrupted for several days, thus inducing a warming of the
atmosphere in the region extending for more than a hundred kilometres on either side of
the slowly propagating wave crest. This factor contributes to an unusual atmospheric warming
near the equatorial coast of Peru around Christmas. This warming is delayed since, according
to the data presented in table 1, the slow long waves need about 2 months to reach the coast of
South America from their generation in the central equatorial Pacific. The anomalous coastal
warming is striking since November marks the end of the cold season in the eastern equatorial
Pacific (cf. Deser and Wallace 1990). Let us also point out another relevant fact. In view of the
mechanism described in appendix A, the weakening of the trade winds triggers a decrease of
the depth h of the thermocline, and of the value of W . According to (91) and (19), the eastward
propagation speed of the long waves is about

c
√

g h ∼ W ±
√

lmr

l + m
g h .

Thus the weakening of the trade winds results in a slowing down of the long equatorial waves
which propagate eastward, carrying the warm pool with them.

We conclude this discussion by noticing that in very strong El Niño episodes, the thermocline
is flat across the entire equatorial Pacific for periods of several months; for example, during
July-August 1997, cf. the NOAA database. However, under normal conditions, the varying
intensity of the trade winds (mostly concentrated to the West of the date line, cf. Philander
(1989)) raises the thermocline in the East and lowers it in the West; see the discussion in
appendix A. Even in such circumstances, according to the data provided in Kessler (2005), in
the western equatorial Pacific region that extends over 3000 km, from 150◦E to the date line
(180◦), and in the eastern equatorial Pacific region that extends over 2000 km between 110◦W
to 90◦W, the thermocline is practically flat, being located at about 120 m depth in the West
and at about 50 m depth near the coast of South America. Moreover, the east–west slope of the
thermocline in the central Pacific region is relatively uniform, with a depth variation of about
1 m for 111 km along the Equator. The scale of this variation is too slow for the east–west slope
of the thermocline in the central equatorial Pacific to have a noticeable effect on the waves
considered in this section, other than a possible adjustment of the propagation speed in terms
of the mean thermocline depth over several wavelengths.
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